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ABSTRACT: Global warming is expected to cause significant changes in the pattern of precip-
itation minus evaporation (P — E), which represents the net flux of water from the atmosphere
to the surface or, equivalently, the convergence of moisture transport within the atmosphere. In
most global climate model simulations, the pattern of P — E change resembles an amplification of
the historical pattern—a tendency known as “wet gets wetter, dry gets drier". However, models
also predict significant departures from this approximation that are not well understood. Here,
we introduce a new method of decomposing the pattern of P — E change into contributions from
various dynamic and thermodynamic mechanisms, and use it to investigate the response of P — E
to global warming within the CESM1 Large Ensemble. In contrast to previous decompositions
of P — E change, ours incorporates changes not only in the monthly means of atmospheric winds
and moisture, but also in their temporal variability, allowing us to quantify the impacts of changes
in the storm tracks, relative humidity, lapse rate changes, and the amplification of warming over
land and at high latitudes. In general, mean circulation changes dominate the P — E response in
the tropics, while thermodynamic changes are more important at higher latitudes. Although the
impact of specific mechanisms is highly variable by region, at the global scale departures from
the wet-gets-wetter approximation over land are primarily due to changes in the lapse rate, while
changes in the mean circulation, relative humidity, and horizontal temperature gradients play a

secondary role.
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1. Introduction

The local imbalance between precipitation and evaporation, P — E, is among the most important
variables in hydrology. Over land, P — E equals to the combined rates of surface runoff and
groundwater storage, and thus sets the upper limit on renewable freshwater resources within a
given watershed (Oki and Kanae 2006). Over the ocean, P — E is a leading control on the salinity
and stratification of the mixed layer, which plays an important role in the ocean circulation (e.g.,
de Boyer Montégut et al. 2007), and influences the rate at which the ocean takes up heat and carbon
in response to anthropogenic forcing (e.g., Liu et al. 2021). From an atmospheric perspective, P — E
equals the net convergence of water vapor transport, and thus provides a conceptual framework
for understanding how the regional hydrologic cycle will respond to changes in the atmospheric
circulation or moisture content. For these reasons, the response of P — E to global warming has
been an active area of climate research for decades (e.g., Wetherald and Manabe 2002; Held and
Soden 2006).

A natural starting point for thinking about the response of P — E to global warming is the
thermodynamic approximation of Held and Soden (2006, hereafter HS06), which is based on
the following line of reasoning. First, if changes in relative humidity are small, the amount of
water vapor in the atmosphere will increase almost exponentially with increasing temperature,
at a rate of about 7% per K (i.e., the Clausius-Clapeyron scaling factor). Second, if the basic
structure and intensity of the atmospheric circulation remains similar under warming, the pattern
of atmospheric vapor transport should increase with warming at about the same rate as water vapor.
Finally, because P — E is equal to the convergence of vapor transport, it too should amplify at the
Clausius-Clapeyron rate, provided that spatial gradients in warming are relatively weak. Such an
amplification of the mean-state hydrologic cycle with warming implies that P — E will increase
where P > E (“wet gets wetter") and decrease where P < E (“dry gets drier").

Although an amplification of mean-state P — E is broadly consistent with the pattern of P — E
change predicted by global climate models (GCMs), there are some important differences. At low
latitudes, for example, many GCMs predict a contraction of the Intertropical Convergence Zone
(ITCZ), where P — E > 0, and an expansion of the subtropics, where P — E < 0 (Chou and Neelin
2004; Lu et al. 2007; Kang and Lu 2012; Byrne and Schneider 2016; Byrne et al. 2018; Donohoe
etal. 2019). At higher latitudes, GCMs tend to predict a poleward shift in the extratropical latitude
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of maximum P — E associated with the mid-latitude storm tracks (e.g., Scheff and Frierson 2012;
Siler et al. 2018). None of these changes is consistent with the HS06 paradigm of "wet gets wetter,
dry gets drier". Furthermore, because P — E cannot be negative over land on long timescales, the
HSO06 approximation cannot explain any decrease in P — E over land, which many GCMs predict
will occur in parts of the subtropics and lower-midlatitudes (Byrne and O’Gorman 2015).

Why does the pattern of P — E change predicted by GCMs differ from the HS06 approximation?
The most obvious reason is that the HS06 approximation does not account for changes in atmo-
spheric dynamics, such as an expansion of the Hadley Cells (e.g., Lu et al. 2007), a weakening of
the Walker Cells (e.g., Power and Kociuba 2011; DiNezio et al. 2013), a shift in stationary eddies
(Wills et al. 2016), or a decrease in transient eddy activity in the midlatitudes (O’Gorman and
Schneider 2008; Bengtsson et al. 2009). All GCMs predict dynamical changes like these to some
degree, and any such change is bound to alter the patterns of vapor transport and thus P — E in
ways that are not captured by the HS06 approximation.

But changes in atmospheric dynamics are not the only aspect of climate change that the HS06
approximation leaves out; it also neglects thermodynamic effects associated with changes in the
spatial patterns of temperature and relative humidity. More specifically, GCMs generally predict
that relative humidity will decrease over land in a warmer climate, and that the magnitude of
warming will be amplified over land and at high latitudes. Boos (2012) and Byrne and O’ Gorman
(2015) both introduced additional terms to the HSO06 approximation that account for these changes,
and both found that their corrections resulted in better agreement with GCM simulations of P — E
change. Similarly, in simulations performed with a one-dimensional diffusive energy balance
model (EBM), Siler et al. (2018) found that polar-amplified warming resulted in a more realistic
pattern of P — E change, even though the diffusion coefficient, which represents eddy dynamics
within the EBM, was held constant. According to Byrne and O’Gorman (2015), corrections to the
HSO06 approximation that account for heterogeneous changes in temperature and relative humidity
result in a smaller increase in P — E over land, and may explain why, over some land surfaces,
P — E is even projected to decrease.

To better understand the thermodynamic and dynamic mechanisms driving the P — E response
to global warming in GCM simulations more generally, previous studies have often employed a

decomposition method first introduced by Seager et al. (2010), which allows any change in P - E
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to be separated into contributions from changes in i) monthly-mean winds (dynamics), ii) monthly-
mean specific humidity (thermodynamics), and iii) the covariance between winds and specific
humidity, which represents vapor transport by transient eddies. This decomposition has provided
valuable insight in cases where P — E change is primarily driven by changes in monthly-mean winds
or moisture. However, the transient eddy contribution includes both dynamic and thermodynamic
contributions, since it encompasses both changes in eddy dynamics (e.g., storm track shifts) as well
as changes in the variance of humidity, which is generally expected to increase due to Clausius-
Clapeyron scaling (Byrne and O’Gorman 2015). Thus, the decomposition introduced by Seager
et al. (2010) does not permit a full accounting of the dynamic and thermodynamic components
of P — E change, nor can it provide insight into the contributions of specific thermodynamic
mechanisms, such as those described by Held and Soden (2006), Boos (2012), Byrne and O’ Gorman
(2015), and Siler et al. (2018).

In this paper, we introduce a novel decomposition of P — E change that allows us to quantify not
only the dynamic and thermodynamic components of the transient-eddy contribution, but also the
contributions from various other thermodynamic mechanisms. We explain our approach in Section
2, and use it to quantify the total thermodynamic and dynamic components of the P — E response
to climate change within the CESM1 Large Ensemble. In Section 3, we further decompose the
thermodynamic and dynamic components into contributions from monthly-mean and transient-
eddy changes, thus providing a first-ever decomposition of the transient-eddy contribution to P — E
change. In Section 4, we present a new decomposition of the thermodynamic component of
P — E change into contributions from specific thermodynamic mechanisms, many of which have
been discussed in previous studies. We then use these results in Section 5 to reexamine why the
HS06 approximation is too wet over land. In Section 6, we summarize our results and discuss
their implications for other simplified approaches to climate modeling, including the moist energy

balance model and the pseudo-global warming method of regional climate modeling.

2. A new decomposition of P — E change, applied to the CESM-1 Large Ensemble

In this section, we introduce a new method of decomposing the change in annual-mean P — E
into thermodynamic and dynamic components, and apply it to simulations of global warming

from the CESM-1 Large Ensemble (CESMI1-LE; Kay et al. 2015). The CESM1-LE consists of
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40 coupled atmosphere-ocean simulations performed at roughly 1 degree horizontal resolution
over the period 1920-2100. All ensemble members were run with exactly the same model physics
and anthropogenic forcing (historical forcing up to 2005 and RCP8.5 afterward), but with slightly
perturbed initial conditions that give each member a unique realization of internal climate vari-
ability. Because the amplitude of internal variability decreases when multiple ensemble members
are averaged, the response to anthropogenic forcing is well approximated by the change in the
ensemble mean (Deser et al. 2012).

We define the response to global warming within the CESM1-LE simulations as the change
between two decadal climatologies: one representing the historical climate (1991-2000) and one
representing a future warmer climate (2071-2080). To conserve computing resources, we limit our
analysis to the first 20 ensemble members of the CESM1-LE, for which the ensemble-mean response
of surface temperature and P — E is nearly identical to that of the full ensemble (Supplementary
Fig. 1).

The top row of Fig. 1 shows the pattern of annual-mean P — E in the ensemble mean of the
historical simulations (Fig. 1a), alongside the change in annual-mean P — E between the historical
and warmer simulations (Fig. 1b). Results are presented as latent energy fluxes, with 1 W
m~2 representing approximately 1.3 cm of surface water per year. Figure lc shows the HS06

approximation of the change in P — E, which we compute as

6P — Ensos = @6T(P-E), (1)
where
L,
a= 2
R,T? @

is the Clausius-Clapeyron scaling factor, 7 is local near-surface air temperature, L, is the latent
heat of vaporization, and R, is the gas constant for water vapor. Throughout the paper, we use ¢ to
indicate the change between the historical and warmer simulations and ﬁ to indicate the monthly-
and ensemble-mean value of a variable in a given location and climate. All results are presented
for the annual mean, which we compute as the average of monthly means.

Comparing the true pattern of 6P — E with the HS06 approximation (Figs. 1b and Ic), we

find broad similarities but also important differences, as evidenced by a relatively weak spatial
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139 Fic. 1. a) Annual-mean, ensemble-mean precipitation minus evaporation (P — E) in the historical climate of
140 the CESMI1-LE simulations (1991-2000). b) The change in P — E between the historical climate and the warmer
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climate (2071-2080). ¢) An approximation of the change in P — E based on Held and Soden (2006), computed
142 with Eq. 1. d) The difference between the HS06 approximation in (c) and the actual change in P —E in (b).
1s  Graphs to the right of each map show the zonal mean of each variable over land grid points (red), ocean grid

1

IS

« points (blue), and all grid points (black).

w correlation of r = (0.32 globally. The difference pattern is shown in Fig. 1d, and is broadly
ws consistent with what other studies have found. In particular, the HSO6 approximation tends to

s exaggerate the magnitude of both the increase in P—E over land and at high latitudes, and the

1

N

w decrease in P— E over subtropical oceans (e.g., Byrne and O’Gorman 2015; Siler et al. 2018). It
= also fails to capture any changes in the spatial pattern of P — E, which are especially large in the
152 tropics.

=  We can gain insight into the pattern of §P— E by analyzing it in terms of the atmospheric
% moisture budget. From mass conservation, P — E must equal the convergence of net atmospheric

s latent energy transport on long timescales (Trenberth and Guillemot 1995):

P-E=-V-F, 3)

~
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where

LV Ps
F=— / qudp 4)
8 Jo

is a 2D vector representing the column-integrated horizontal latent energy transport, g is the
acceleration due to gravity, p; is surface pressure, g is specific humidity, u is the horizontal wind
vector (ui+vj), and (V) is the 2D divergence operator. Likewise, the change in P — E under global

warming can be expressed as

—— L
SP—-E=-—V-
g

Psw Ps
/ gwiydp — / qudp
0 0

where the subscript "w" indicates the warmer climate and the absence of a subscript indicates the

; S

historical climate.

Equation 5 shows that the net change in P — E under global warming arises from the product of
changes in g (thermodynamics) and changes in u (dynamics). To better understand the pattern of
P — E change in Fig. 1b, we seek to quantify the impacts not only of mean changes in ¢ and u, as
is commonly done (e.g., Seager et al. 2010), but also of changes in their temporal variability.

We begin our decomposition of 6P — E by isolating the total impact of thermodynamic changes,
which we define as any change in the spatial or temporal distribution of g (6 = ¢g,, —¢q) , assuming

no change in u:

LV Ps
OP-E,~ —?V~ oqudp. (6)
0

To estimate d¢g at each time step, we first compute the probability density function (PDF) of 6-
hourly g for each month, grid point, and pressure level in both the historical and warmer climates.
With each climate state simulated by 20 ensemble members, and with a decade of model output
from each member, the monthly PDF at each grid point and pressure level comprises about 24,000
data points.! Next, we use the historical PDFs to find the percentile rank of ¢ at each location and
time step within the historical simulations, and estimate 6¢ as the difference between the warmer
and historical PDFs at the same percentile. The implicit assumption behind this approach is that
the percentile rank of g at a particular time is closely tied to the large-scale circulation, and thus

the correlation between ¢ and u does not change in the percentile sense when u is held fixed.

120 members X 10 months/member X ~ 30 days/month X 4 data points/day= 24,000 data points.
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An example of how we use this method to approximate ¢ is illustrated in Fig. 2, which shows
hypothetical PDFs of g for an arbitrary month and location in the historical climate (blue) and
the warmer climate (red), with shading representing the extreme tenths of each distribution (i.e.,

the 10th and 90th percentiles). Comparing the two PDFs in Fig. 2, we see that the warmer

Historical climate
Warmer climate

Probability

54 <67 6q =067 50> 07

Moisture content

Fic. 2. Schematic probability density functions of atmospheric specific humidity (g) for a particular month
and location within the historical climate (blue) and the warmer climate (red). Vertical dashed lines indicate
monthly-mean ¢, while shaded regions indicate the lowest and highest 10% of g values within each distribution.
In this hypothetical case, the warmer climate exhibits not only an increase in mean ¢ (i.e., the peak shifts to the
right), but also an increase in g variance (i.e., the distribution broadens). As a result, 6q < d¢g when the historical

atmosphere is drier than average, while 6 > 6g when the historical atmosphere is moister than average.

distribution is generally to the right of the baseline distribution, indicating greater moisture content
overall. However, the warmer distribution is also broader than the baseline distribution, indicating
an increase in the variance of ¢ under global warming. Because of this increase in variance, dq
will be greater than the change in monthly-mean g (6¢) whenever ¢ in the historical simulation is
greater than average (i.e., to the right of the blue dashed line). Conversely, dg will be less than 6¢q
whenever ¢ in the historical simulation is less than average (i.e., to the left of the blue dashed line).
The opposite relationships would hold if the variance of g were to decrease rather than increase
with warming. Changes in the higher-order moments of the ¢ distribution would impact dq is ways
that are less obvious than the simple change in variance depicted in Fig. 2, but those effects are
also incorporated with this method.

Next we seek to approximate the dynamic component of § P — E, which we define as the contri-
bution from changes in u and p;,? assuming no change in g. This is less straightforward than the

thermodynamic approximation because it includes the effects of changes not only in the PDFs of

2Because py is closely tied to the large-scale circulation, we consider changes in pg to be part of the dynamic response to warming.

9
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Ps, U, and v, but also in the correlations among them (e.g., Wu et al. 2011). While it might be
possible in principle to account for such changes by perturbing p and u in the historical simulation,
we do not attempt that here. Instead, we repeat the thermodynamic approximation in Eq. 6, but in
reverse: i.e., instead of adding 6q at each time step within the historical simulations, we subtract
8q at each time step within the warmer simulations. This yields an approximation of P—E in a
hypothetical future climate in which only u is changed, while the distribution of g is the same as

in the historical climate:

Ps,w
P-E,u~ —?VV / (gw—90q)u,dp. (7)
0

Finally, we subtract historical P — E from Eq. 7 to get the dynamic component of 6P — E:

Ps,w Ps
/ (gw—90q)u,dp —/ qudp
0 0

- L
SP—Ey~—-—V-
g

. (8)

The top row of Fig. 3 shows the thermodynamic and dynamic contributions to annual-mean
6P — E computed from Eqs. 6 and 8. The sum of these contributions is shown in Fig. 3c; if the
decomposition method is accurate, this sum should match the actual pattern of §P — E shown in
Fig. 1b. The difference between Figs. 1b and 3c is shown in Fig. 3d, and represents the error in
the decomposition. Globally, the sum of the thermodynamic and dynamic contributions closely
matches the pattern of 6P — E, with a spatial correlation of = 0.96 and a mean absolute error of
2.9 W m~2. Some of the error in Fig. 3d likely stems from changes in the correlations between g
and the vector wind components (Wu et al. 2011), which are not accounted for in either 6ﬁq
or 6P - E,. However, nearly half of the error can be attributed to our numerical methods (see
Appendix): when we compare Fig. 3¢ with the pattern of 6P — E that we compute using the same
moisture-budget framework (Eq. 5 with 6-hourly ¢ and u), the spatial correlation improves to
r =0.99 and the mean absolute error falls to 1.7 W m~2 (Supplementary Fig. 2). This shows that
our decomposition produces highly accurate approximations of the thermodynamic and dynamic
contributions to 6P — E within the CESM1-LE simulations.

We can evaluate the relative importance of thermodynamic and dynamic changes by comparing

the patterns of 6P —E, and 6P —E, in Figs. 3a and 3b against the total pattern of 6P —E in

10
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Fic. 3. The contributions to annual-mean §P — E from a) changes in specific humidity and b) changes in
horizontal winds as defined in Eqs. 6 and 8, respectively. c¢) The sum of the thermodynamic and dynamic
contributions in (a) and (b). d) The residual error in the decomposition, representing the difference between the
full pattern of 5P — E in Fig. 1b and the sum of the individual contributions in (c). Globally, the mean absolute

error is 2.9 W m~2, and the spatial correlation between panel (c) and Fig. 1b is r = 0.96.

Fig. 1b. Globally, 5P — E is more strongly correlated with 6P — Ey than with 5ﬁq (r =0.69
vs. 0.31), indicating that dynamic changes are more important than thermodynamic changes to
the overall spatial pattern. However, the strength of these correlations varies significantly with
latitude. In the deep tropics equatorward of 10 degrees, the pattern of §P — E is nearly identical
to 6P — Eyu (r = 0.84), while the correlation with 6ﬁq is insignificant (r = —0.03). Poleward of
50 degrees, however, we find almost the opposite result, with 6P — E far more strongly correlated
with 6ﬁq than with 6P — Ey (r =0.78 vs 0.26). Thus, while the pattern of 5P — E is dominated
by dynamical changes in the tropics, thermodynamic changes play a greater role at high latitudes,
echoing results from previous studies of changes in extreme precipitation (Pfahl et al. 2017; Norris

et al. 2019; O’Gorman 2015).
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3. Decomposition into monthly-mean and transient components

We can gain further insight into the patterns of 6ﬁq and 6P —E, in Fig. 3 by further
decomposing them into contributions from monthly-mean and transient changes. Our approach
is similar to that of Seager et al. (2010), but with one important difference: in addition to the
contributions to §P—E from changes in mean-state dynamics and thermodynamics, we also
isolate the dynamic and thermodynamic components of the transient-eddy contribution, which is
not possible using the Seager et al. (2010) method.

We begin by decomposing g and u into two components,

g=q+¢, 9)

u=u+u, (10)

where overbars represent long-term monthly means and primes represent departures from long-
term monthly means (i.e., transients). Because the product of means and transients must equal

zero in the time average, Eqs. 3, 4, 9, and 10 combine to give

Ps Ps
/ qudp +/ q'wdp
0 0

where the first term on the RHS represents the contribution to P —E from the monthly-mean

P_E=_2y. , (1)

circulation and the second (covariance) term represents the contribution from transient eddies.
From Eq. 11, Seager et al. (2010) showed that the response of P — E to climate change can be

decomposed into four terms:

. L Ds - - -
(P~ E s = = / V. (678 +Gou+6(q0) | dp — (2,09 py). (12)
0

The first two terms on the RHS of Eq. 12 have a clear physical meaning, representing the impact
of changes in monthly-mean thermodynamics (6¢) and monthly-mean dynamics (éu). In contrast,
the two remaining terms, which represent the impact of changes in transient-eddy transport and
surface vapor convergence, encompass both thermodynamic and dynamic elements, and are thus

harder to interpret. The ambiguity of the eddy term, in particular, makes it impossible to assess

12
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the impacts of dynamic changes in the storm tracks (6u’) versus thermodynamic changes in the
variance of g (6¢’).

In our decomposition, by contrast, 5ﬁq and 6P — E,, include the impacts of changes not only
in the monthly means of ¢ and u, but also in their temporal distributions. Because of this, we can

compute the mean-state terms in the conventional way,

- LV Ps -
6P—E§:—?V- oqudp, (13)
0

LV Ps .
SP—Eg=-—V / gsudp, (14)
8 0

and then solve for the transient terms as residuals3:

) L Ps
6P-E, = —?VV /0 §q'Wdp ~6P—E,—S6P—Eq, (15)
LV Ps
OP—Ey=——V- g'owdp ~ 6P —Ey— 6P — Eg. (16)
8 0

This four-part decomposition of annual-mean 6P — E is shown in Fig. 4. The dynamic compo-
nents in the top row represent the contributions from changes in monthly-mean winds (6u; Fig. 4a)
and transient winds (6u’; Fig. 4b). Globally, the monthly-mean component of 6 P — E, is far more
important than the transient component (Fig. 4a vs. 4b). It accounts for nearly all of 5P — Ey in
the tropics, where P — E is strongly influenced by the Hadley, Walker, and monsoonal circulations,
and it also has a significant impact in parts of the midlatitudes, likely due to changes in stationary
eddies (Wills et al. 2016).

Though weaker than the monthly-mean component globally, the transient dynamic component
(6P — Ew) plays a more important role in much of the middle and high latitudes where P — E is
largely driven by transient eddies (Fig. 4b). It tends to be positive in the tropics and negative
at higher latitudes, indicating a reduction in poleward latent-heat transport due to weaker eddy

activity (Supplementary Fig. 3). Over land, it contributes to a significant decrease in P — E over

the western US, western Europe, and eastern Canada, and an increase in P — E over tropical South

America. We discuss the implications of this effect for regional climate prediction in Section 6.

3The surface term in the Seager et al. (2010) decomposition does not appear in our decomposition because the divergence operator remains
outside the vertical integrals.
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Fic. 4. Contributions to annual-mean 6P — E from changes in a) monthly-mean dynamics, b) transient

dynamics, ¢) monthly-mean specific humidity, and d) transient specific humidity.

Next we consider the thermodynamic components of §P — E shown in the bottom row of Fig.
4. Like the dynamic components, the monthly-mean thermodynamic component (d¢g; Fig. 4c) is
stronger than the transient component at low latitudes while the transient component (6¢’; Fig. 4d)
is stronger outside the tropics. To first order, these terms resemble an amplification of the monthly-
mean and transient components of P — E within the historical climate (i.e., the two terms on the
RHS of Eq. 11; Supplementary Fig. 4). This result is consistent with the HS06 approximation,
which makes no distinction between P — E from the mean circulation and P — E from transient
eddies (Eq. 1). The reason is that, given fixed dynamics and constant relative humidity, all
percentiles of the ¢ distribution will scale with warming at about the same rate (@ ~ 7% K1),
resulting in a similar amplification of both ¢ and ¢’ in Eq. 11. Beyond this first-order validation of
the HS06 approximation, however, the decomposition of 6ﬁq into monthly-mean and transient
components provides little insight into the underlying thermodynamic mechanisms. For that we

turn to a different decomposition of 6 P — E,, which we derive below.
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4. Thermodynamic mechanisms

As noted previously, the HS06 approximation is not identical to 6ﬁq because it neglects
changes in relative humidity as well as variability in the magnitude of warming (both spatial and
temporal) (Boos 2012; Byrne and O’ Gorman 2015; Siler et al. 2018). In this section, we introduce a
new decomposition of 6ﬁq that allows the contributions from these additional thermodynamic
changes to be quantified.

We begin by decomposing 6ﬁq into two components: one due to changes in temperature 7

and the other due to changes in relative humidity H:

SP—E,=6P—Er+6P—Ey. (17)

To find 6P — E7, we assume that H is fixed and approximate the thermodynamic change in g from
the Clausius-Clapeyron equation:

oqr ~ q(e™ - 1), (18)

where « is the Clausius-Clapeyron scaling factor (Eq. 2) and 67T is the temperature change between
the historical and warmer climates, assuming no change in dynamics. We estimate 67 in the same
way that we estimated g in Section 2: by computing the PDFs of T in both the historical and
warmer climates, and assuming that the percentile of 7 always remains the same under fixed

dynamics (see Fig. 2). Substituting g7 into Eq. 6 gives

- L Ps
SP—Er ~ ——VV-/ Sqrudp. (19)
8 0

Subtracting 0P — E7 from 6 P — E, (Eq. 6) then yields the contribution from 6 H:

L Ps
OP-Eg~ —?vV- (6g—dgr)udp. (20)
0

We discuss the impact of changes in relative humidity later in this section, but first we focus
on the mechanisms governing the temperature contribution (Eq. 19). If 67 were uniform in
space and time, Eq. 19 would give a result very similar to the HS06 approximation (Eq. 1). As

previous studies have shown, however, spatial and temporal variability in 67" can impact 6P — E7 in
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important ways that are not captured by the HS06 approximation (Boos 2012; Byrne and O’ Gorman
2015; Siler et al. 2018; Bonan et al. 2023).

To quantify these impacts, we first decompose 67 into monthly-mean and transient components:
6T = 6T +0T'. (21)
Combined with Eq. 18, this yields

Sqr = q(eT T _1). (22)

1

Because the change in the standard deviation of 7" is much smaller than ™" everywhere (Supple-

mentary Fig. 5), we can replace ¢®%”" in Eq. 22 with its first-order Taylor approximation, 1 +ad&7".
This yields
8qr ~ q(BST +adT'[1+B6T)), (23)
where _
B= e 1 (24)
oT

is a modified Clausius-Clapeyron scaling factor, representing the fractional change in ¢ per degree
of monthly-mean warming, assuming no change in the shape of the temperature distribution (i.e.,
6T’ = 0). From the Taylor expansion of 8 about 6T =0,

asT (adT)?

~ 1+ —+ +...1],
pra 2 6

(25)

we can see that the difference between 8 and « is negligible where a6T << 1, but grows larger as 6T
increases. The second-order term is comparable in magnitude when a6T ~ 2, which corresponds
to about 30 K of warming given @ ~ 7 % K.

Finally, to assess the impact of variations in 67 with altitude, we express 86T as

BOT = 6T, + (BT — Bs6Ty), (26)
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where the "s" subscript indicates the near-surface atmosphere. The first term on the RHS of Eq.
26 represents the fractional change in ¢ at the surface due to monthly-mean warming, while the
second term represents the departure from this scaling above the surface due to changes in the
monthly-mean lapse rate (dT/dp).

Combining Egs. 19, 23, and 26, we can express 0 P — Er as the sum of four terms:

5P—ET%

Term 1
—

ﬁséTs(P - E)

Term 2

LV Ps _ _
= 6T — B;ST,)V - d
<)o (BOT = Bs6T)V - (qu)dp @

Term 3

L, [P _
— /0 V(86T) - (qu)dp

Term 4

LV Ps _
——V-/ adT'(1+B6T)qudp .
8 0

The top two rows of Fig. 5 show the annual-mean contributions of each term in Eq. 27, while
the bottom row shows the total contributions from changes in temperature and relative humidity
(0P—E7 and 6P — Ey). We discuss the contribution of each term and its physical significance

below.

1) Term 1: HSO6 APPROXIMATION

The first term in the decomposition (Fig. 5a) is a slightly-modified version of the HS06 ap-
proximation (Eq. 1), and represents the Clausius-Clapeyron amplification of P — E in response
to surface warming. Like the original HS06 approximation, it has the same spatial structure as
P —E (Fig. la), but with relatively greater magnitudes at high latitudes where 67, and S are both
amplified (Fig. 6a). Among the four terms in Eq. 27, it is the most important, as indicated

by its strong correlation with the full pattern of 6P — E7 globally (Fig Se; r = 0.78). However,
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FiG. 5. a-d) The four terms on the RHS of Eq. 27. e) Annual-mean P — E, which is equal to the sum of the

four terms in (a-d), and represents the total impact of temperature changes. f) Annual-mean 6P — E gy, which

represents the impact of changes in relative humidity.

there are some regions—especially over land and at high latitudes—where it differs significantly

from 0P — E7. It is also too moist globally, averaging 7 Wm™2 when in reality, mass conservation

requires that 6P — E = 0 in the global mean.

2) TeErM 2: CHANGE IN THE MONTHLY-MEAN LAPSE RATE

The second term in Eq. 27 is shown in Fig. 5b. It contributes to a large decrease in P— E

at high latitudes and a smaller decrease over subtropical oceans. The meaning of this term can

be understood from Fig. 6, which shows the pattern of 67 (Fig. 6a) alongside the ¢g-weighted

column-mean temperature change, (6T), which represents the mean warming experienced by all
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vapor in the atmospheric column (Fig. 6b):

(28)

The difference between Figs. 6b and 6a is shown in Fig. 6c. If warming were uniform in height
(i.e., (6T) — 6T, = 0), Term 2 would vanish. In reality, however, (6T) — 6T, is generally positive
over subtropical oceans, indicating a decrease in the mean lapse rate, and negative at high latitudes,
indicating an increase in the mean lapse rate (Fig. 6¢). Because P —E < 0 in the subtropics and
P—E > 0 at high latitudes, these lapse-rate changes act to amplify the decrease in subtropical
P — E and offset the increase in high-latitude P — E relative to the HSO6 approximation, explaining

why Term 2 is negative in both regions (Fig. 5b).

(oT)

Fic. 6. a) Annual-mean, ensemble-mean change in near-surface air temperature between the decades 1991-
2000 and 2071-2080. Blue vectors indicate the direction and relative magnitude of F in the annual/ensemble
mean from 1991-2000. b) The g-weighted column average of temperature change between the decades 1991-
2000 and 2071-2080 (Eq. 28). c) The difference between (b) and (a), with purples indicating less warming in
the column mean than at the surface (i.e., an increase in the mean lapse rate). d) As in (a), but for the fractional

change in near-surface relative humidity.
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3) TERM 3: HORIZONTAL WARMING GRADIENTS

The third term in Eq. 27 is shown in Fig. 5c. Physically, this term represents the contribution to
6P — E from horizontal gradients in S6T. If we ignore the (small) gradients in 8 and assume no

change in the lapse rate, Term 3 simplifies to
Term 3 ~ —BV(6Ty) - F, (29)

which is nearly identical to the correction that Boos (2012) introduced to the HS06 approximation
to account for gradients in 67 during the Last Glacial Maximum.

The impact of warming gradients is evident in Fig. 6a, which shows annual-mean F in blue
arrows overlaying 67;. Comparing this figure to the pattern of 6P — E in Fig. 5c, we find that
Term 3 contributes to an increase in vapor divergence—and thus a decrease in § P — E—in regions
where warming is amplified downstream (i.e., in the direction of vapor transport). This applies
to much of the extratropics, where F is generally poleward, and where warming tends to increase
with latitude. It is also true along the eastern coast of tropical South America, where amplified

warming over land results in weaker convergence of vapor transport from the Atlantic. Conversely,

we find an increase in P — E in regions where the magnitude of warming weakens downstream,

such as to the south of Greenland or along the western coast of South America.

4) TErRM 4: CHANGE IN TEMPERATURE VARIANCE

Figure 5d shows the contribution from the fourth term in Eq. 27. This term captures the impact
on P — E from §T’, which results from a change in the shape of the temperature distribution. It is
generally weaker than the other terms, with significant contributions in parts of the North Atlantic
and Southern Ocean, but essentially no contribution at low latitudes or over land.

We can gain insight into the physical meaning of the 67" contribution by making two simplifying
approximations. First, we ignore the factor of 1+ 36T inside the integral, since this is close to 1 at
all but the highest latitudes and has little impact on the overall spatial pattern. Second, we assume
that vertical variations in @¢7” are small, which allows it to be brought outside the integral. Given

these approximations, Term 4 simplifies to

Term 4 ~ -V - adT'F’, (30)
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where only the transient component of F contributes because a67’F ~ 0. Equation 30 implies
that 67" only contributes to 6 P — E if the magnitude of warming is correlated with the direction of
vapor transport.

To understand why such a correlation might exist, consider that in the middle and high latitudes,
vapor is primarily transported by eddies mixing across large-scale gradients in 7 and g, with moist
air flowing down-gradient within the storm’s warm sector and drier air flowing up-gradient within
the cold sector. If VT weakens under warming (due, for example, to polar amplification), the moist
air in the warm sector will experience less warming than the dry air in the cold sector, resulting in a
decrease in temperature variance (e.g., Screen 2014, Supplementary Fig. 5) and a smaller increase
in net F than would be expected from Clausius-Clapeyron scaling alone. Understood in this way,
Term 4 has much the same physical meaning as other corrections to the HS06 approximation that
have been derived from mixing-length theory, in which the eddy component of F is assumed to be
proportional to —Vg (Byrne and O’Gorman 2015; Siler et al. 2018). In both frameworks, a weaker
temperature gradient offsets some of the increase in Vg due to Clausius-Clapeyron scaling, thus

causing F to increase with warming at a lower rate than g itself.

a. Change in relative humidity

Finally, Fig. 5f shows 6 P — E i, which represents the impact of changes in relative humidity (Eq.
20). Globally, the magnitude of this term is small compared to that of §P — E7 (Fig. Se), implying
that most of the change in ¢ under global warming is due to Clausius-Clapeyron scaling, not to
changes in H. Moreover, much of the spatial pattern of 6P — Ez seems to be closely tied to Fig.
5c, which represents the impact of horizontal warming gradients (Term 3 in Eq. 27). Indeed, over
tropical land surfaces* where 6P — E has the largest impact, Figs. Sc and 5f largely offset each
other, with a spatial correlation of r = —0.78.

The reason for this cancellation is evident in Fig. 6d, which shows the fractional change in
near-surface H along with vectors representing annual-mean F (as in Fig. 6a). Comparing Figs.
6a and 6d, we see that, with the exception of high latitudes, amplified warming over land generally
coincides with a decrease in H, thus offsetting some of the increase in ¢ that would result from

Clausius-Clapeyron scaling alone. According to Byrne and O’Gorman (2018), this effect can be

4All land equatorward of 30 degrees latitude in both hemispheres.
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explained by two constraints: 1) moist static energy increases by about the same amount over land
and ocean at low latitudes, and ii) surface moisture is limited over land, causing a smaller increase
in latent energy (g) and a larger increase in enthalpy (7). This highlights an important caveat to
our results: even though 6P — E can be mathematically separated into components representing
distinct physical mechanisms, we should not assume that these mechanisms are always physically

independent.

5. Contributions to 6P — E over land

In the preceding two sections, we decomposed the pattern of P — E into seven terms, representing
the impact of changes in monthly-mean dynamics, transient dynamics, relative humidity, and four
aspects of the spatial and temporal distribution of temperature. In light of these results, we now
revisit the question that motivated much of the Byrne and O’ Gorman (2015) analysis: namely, why
does P — E over land increase by a smaller amount in climate model simulations than predicted by

the HS06 approximation?

I su

1 I Su’

| 7] HS06
I S5LR

+ I V(psT)
YA
I 5H

{ ] Sum
Il Actual

W m-2

Fic. 7. The annual-mean, global-mean contribution to 6P — E over land from changes in monthly-mean
dynamics (du, blue), changes in transient dynamics (6u’, red), the HS06 approximation (yellow), changes in
the mean lapse rate (SLR, purple), changes in horizontal temperature gradients (V[B6T], green), changes in
temperature variance (67", cyan), and changes in relative humidity (§ H, maroon). The sum of all terms is shown

in gray, and the actual change in P — E over land is shown in black.

To answer this question, we plotin Fig. 7 the average global land contribution to 6 P — E from each
of the seven different terms. Our results echo those of Byrne and O’Gorman (2015) in important
ways. In particular, like Byrne and O’Gorman, we find that the HSO6 approximation exaggerates

the increase in P — E over land (Fig. 7, yellow bar), and that warming gradients and changes in
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relative humidity—while partially cancelling each other at regional scales—both contribute to a
decrease in P — E over land at global scales, offsetting some of the amplification of P — E predicted
by the HS06 approximation.

But Fig. 7 also highlights some limitations of the Byrne and O’Gorman (2015) analysis, at
least in the context of the CESM1-LE simulations. For example, whereas Byrne and O’Gorman
emphasized the role of eddies mixing across an altered temperature gradient, we find that this
mechanism—represented in our decomposition by a change in temperature variance 67’—has
little impact on P — E over land. Conversely, Byrne and O’Gorman did not consider the role of
lapse-rate changes, which our analysis identifies as the primary reason why the HS06 approximation

is too wet over land in the global mean (Fig. 7, purple bar).
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Fic. 8. Annual-mean 6P — E over land (map), using the same colorbar shown in Fig. 1b. Inset bar graphs are

the same as Fig. 7, but for specific regions outlined in green.

This picture can look quite different at regional scales, however. This is evident in Fig. 8, which
shows the same breakdown of 6P — E as in Fig. 7, but for five different regions across the globe

(outlined in green). In the western US and western Europe, for example, changes in eddy dynamics

23



465

466

467

468

469

470

47

472

473

474

475

484

485

486

487

488

489

490

491

492

493

494

495

496

497

498

499

500

cause a decrease in P — E of 32% and 23% relative to the historical average, despite having almost
no effect over land in the global mean (Fig. 7). It is also interesting to compare the tropical regions
of Africa and South America, which exhibit changes in P — E of opposite sign. From Fig. 8, this
difference can be attributed to three terms: the change in monthly-mean dynamics, which has little
effect in South America but contributes to substantial moistening in Africa, and changes in relative
humidity and horizontal temperature gradients, which have little effect in Africa but contribute
to substantial drying in South America. Meanwhile, in Southeast Asia, the HS06 approximation
is fairly accurate, but only because the moistening effects of circulation changes and the drying
effects of horizontal warming gradients almost exactly offset each other. These examples highlight
the diverse range of hydrologic changes that can occur at regional scales, and the ability of our

method to shed light on their underlying causes.

6. Summary and Discussion

In this paper, we have introduced a new method of decomposing the response of P — E to
climate change into thermodynamic and dynamic components, and used it to better understand
the mechanisms governing the change in annual-mean P — E (5P — E) simulated by the CESM1
Large Ensemble. A summary of our approach and key equations is given in Fig. 9. In Section 2,
we decompose 6 P — E into contributions from the total changes in thermodynamics (dﬁq) and
dynamics (6P — Ey) (Fig. 9, blue boxes). In Section 3, we decompose both of these terms into
monthly-mean and transient components (Fig. 9, red boxes). The monthly-mean components are
similar to terms in the Seager et al. (2010) decomposition, while the transient components represent
the first-ever decomposition of the transient-eddy contribution to § P — E, which Seager et al. (2010)
treat as a single term. To first order, both the monthly-mean and transient components of 6ﬁq
resemble an amplification of the monthly-mean and transient components of historical P — E, as
predicted by the HS06 approximation. To quantify the influence of additional thermodynamic
mechanisms, we further decompose 5ﬁq into contributions from changes in relative humidity
(6P — E ), as well as four terms representing different aspects of temperature change (Fig. 9, green
boxes).

Some of our key findings include:
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Decomposition of P — E change

Total
oP - E
Eq. (5)
I I
Thermodynamic Dynamic
5P —E, 6P — E,
Eq. (6) Eq. (8)
I I
Mean Transient Mean Transient
SP—E; || 6P—E, SP—Ey || 6P —Ey
Eq. (13) Eq. (15) Eq. (14) Eq. (16)
1
Temperature Relative humidity
oP — Er oP — Ey
Eq. (19) Eq. (20)
|
[ I I I
Section 2. Dynamic and thermodynamic components
1 2 3 4 Section 3. Mean and transient components
Section 4. Thermodynamic mechanisms

Terms 1 -4, Eq. (27)

Fic. 9. A summary of the various decompositions of §P — E and their corresponding equations presented
in Sections 2-4. Blue boxes represent the total contributions from changes in thermodynamics and dynamics
(Section 2). Red boxes represent the monthly-mean and transient components of the thermodynamic and dynamic
contributions (Section 3). Green boxes represent a different decomposition of the thermodynamic term, first
into contributions from changes in temperature and relative humidity, and then a further decomposition of the
temperature contribution into four different terms (Section 4). The red boxes can be interpreted as an extension
of the Seager et al. (2010) decomposition, while the green boxes address thermodynamic mechanisms discussed

by Held and Soden (2006), Boos (2012), Byrne and O’Gorman (2015), and Siler et al. (2018).

* Dynamic changes explain most of the pattern of annual-mean 6P — E in the tropics, while

thermodynamic changes play a dominant role at higher latitudes.

* Changes in transient-eddy dynamics tend to cause P—E to increase at low latitudes and

decrease at middle and high latitudes, consistent with a reduction in poleward latent-heat
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transport due to weakened eddy activity. This effect is generally small, but of first-order

importance in some regions, including the western US and western Europe.

» Lapse-rate changes act to offset much of the increase in P — E predicted by the HS06 approx-
imation at high latitudes, and are the primary reason why the HS06 approximation is too wet

over land globally.

* Other departures from the HS06 approximation over land can be attributed to changes in
relative humidity (6H) and to horizontal gradients in warming (VoT). The effects of these
changes largely offset each other at regional scales, but both act to decrease P — E over land

at global scales.

Our results clarify the strengths and weaknesses of two simplified approaches to climate mod-
eling. First, in the moist energy balance model (EBM) of Siler et al. (2018), tropical P—E can
be altered by changes in the Hadley circulation, but the change in extratropical P — E is essentially
thermodynamic, resulting from eddies mixing across altered gradients of 7" and ¢. This behavior
is broadly validated by our results here, which show that the thermodynamic component of §P — E
is dominant in the extratropics while the dynamic component is primarily associated with changes
in the tropical mean circulation (Fig. 4a-b). This helps explain why the EBM is able to capture
much of the variability in zonal-mean 6T and 6P — E across different GCMs based only on their
unique patterns of radiative forcing, feedbacks, and ocean heat uptake (Siler et al. 2018; Bonan
et al. 2023).

Second, many recent analyses of the regional impacts of climate change have been based on
high-resolution “pseudo-global warming" (PGW) simulations, in which historical boundary con-
ditions are perturbed with monthly-mean changes in winds, temperature, relative humidity, and
geopotential height diagnosed from GCM simulations. Among the mechanisms identified in this
paper, the PGW method omits only the contributions from changes in transient dynamics (6u’; Fig.
4b) and transient temperature (67"; Fig. 6d). Both of these terms tend to be small, suggesting that
the PGW method should in general be quite accurate. However, there are some regions, such as
the western US and western Europe, where the contribution from du’ is more significant, at least
within the CESM1-LE (Fig. 8). One should be mindful of these limitations when interpreting

projections of hydrologic change from PGW simulations.
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While our decomposition has clear advantages over that of Seager et al. (2010), it also has
drawbacks. For one, it is more computationally demanding, even if it can be performed on a
standard desktop computer (see Appendix for strategies to improve computational efficiency).
More importantly, it requires an ensemble that is large enough to accurately characterize the
temporal distributions of ¢ and 7" at a given location. In this study, we used 200 simulation years to
characterize each climate state (20 ensemble members times 10 years), but we find nearly identical
results when we repeat the analysis using only 10 ensemble members (Supplementary Fig. 6).
Based on the standard definition of climate normals, we speculate that an accurate decomposition
of 6P — E would require at least a few decades of simulation time from each climate, though this
will depend on the relative strength of internal variability on decadal and longer timescales.

Despite these challenges, we believe our method opens up promising new avenues to study future
changes in the hydrologic cycle. For example, one could use a similar decomposition to investigate
the causes of changes in extreme droughts and floods, or extreme vapor transport associated with
atmospheric rivers. It would also be interesting to repeat this analysis for different large ensembles
of GCM simulations, which are now widely available (e.g., Deser et al. 2020). This would help
identify the reasons for differences in model projections of 6P — E, and highlight the aspects of

0P — E that are consistent across models, and thus presumably more certain.

APPENDIX

Computing P — E from 6-hourly model output

Equation 5 and other equations involving the divergence of vapor transport were computed as
follows. First, instantaneous values of ¢ and u were downloaded at 6-hour intervals and regridded
from the native hybrid sigma-pressure vertical coordinate system to 29 pressure levels spanning
1000 to 5 hPa. Next, the vertical integral of gu (or a perturbation thereof) was evaluated at every
horizontal grid point. The integrated vapor transport F at each location was then averaged over
the full decade (either 1991-2000 or 2071-2080) and all 20 ensemble members. Finally, V - F was
computed using spherical harmonics, and the result was smoothed using a 2D Gaussian filter with
o =1.25 degrees, which is close to the grid spacing of the CESM1-LE output (288 longitude points
by 192 latitude points). This filter width has a minimal effect on the spatial pattern of P — E while

largely eliminating grid-scale noise.
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While the vertical integral of qu is easy to evaluate in principle, looping through each grid
point and time step would be prohibitively slow. To speed this up, we first compute the integral
numerically using trapezoidal integration on standard pressure levels, and setting qu = 0 at all
pressure levels below the surface. This allows the integral to be evaluated at every grid point with
a single operation. The problem with this approach is that the range of integration does not extend
to the surface, but rather to the first standard pressure level above the surface.

The way we correct for this error is illustrated schematically in Fig. Al. The blue shaded area of
Fig. Al represents the trapezoidal integral of gu on standard pressure levels, with p; representing
the pressure level just above the surface, and p;, representing the pressure level just below the
surface, where we have set gu = 0. (Note that pressure increases and height decreases to the right
in the figure). A better approximation of the integral would use surface pressure p; as the upper
range of integration, yielding the area under the black contour in Fig. Al. This improved result
can be recovered from the original result by subtracting the area of the blue triangle between p;
and p;;1, and adding the area of the trapezoid between p; and p;. These areas can be computed
globally with only a few operations, resulting in much better performance than if nested loops were
used to compute the integral independently at each grid point.

Performance was also a consideration in how we chose to compute d¢, as depicted in Fig. 2.
First, at every location, we removed the means of the ¢ distributions in both the historical and
warmer climates to get ¢” and ¢;,. We then sorted ¢’ and g, from lowest to highest, and calculated
0q’ as the difference at each percentile of the sorted distributions. Finally, we fit d¢’ to a seventh-
order polynomial in ¢’, and saved the coefficients in a separate file along with the means of each

distribution. This allowed d¢q to be retrieved quickly from ¢ at each grid point and time step.
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Fic. Al. A schematic illustration of the correction applied to the vertical integral of gu that is computed using
trapezoidal integration on standard pressure levels. The true vertical integral of qu has a range of integration
from p =0to p = ps (i.e., from the top-of-atmosphere to the surface; Eq. 3). An approximation of this integral
using trapezoidal integration is represented by the area under the heavy black line, with p; representing the
standard pressure level just above the surface, and p;;; representing the standard pressure level just below the
surface. The blue shading represents a cruder approximation of the integral on standard pressure levels, with gu
set to O at all pressure levels below the surface. The more accurate approximation can be recovered from the
crude approximation by subtracting the area of the blue triangle between p; and p;.;, and adding the area of the

trapezoid between p; and p;.
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