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ABSTRACT: The long-term response of the Atlantic meridional overturning circulation (AMOC) to climate change
remains poorly understood, in part due to the computational expense associated with running atmosphere–ocean general
circulation models (GCMs) to equilibrium. Here, we use a collection of millennial-length GCM simulations to examine the
transient and equilibrium responses of the AMOC to an abrupt quadrupling of atmospheric carbon dioxide. We find that
GCMs consistently simulate an AMOC weakening during the first century but exhibit diverse behaviors over longer time
scales, showing different recovery levels. To explain the AMOC behavior, we use a thermal-wind expression, which links
the overturning circulation to the meridional density difference between deep-water formation regions and the Atlantic ba-
sin. Using this expression, we attribute the evolution of the AMOC on different time scales to changes in temperature and
salinity in distinct regions. The initial AMOC shoaling and weakening occurs on centennial time scales and is attributed to
a warming of the deep-water formation region. A partial recovery of the AMOC occurs over the next few centuries, and is
linked to a simultaneous warming of the Atlantic basin and a positive high-latitude salinity anomaly. The latter reduces the
subsurface stratification and reinvigorates deep-water formation. GCMs that exhibit a prolonged AMOC weakening tend
to have smaller high-latitude salinity anomalies and increased Arctic sea ice loss. After multiple millennia, the AMOC in
some GCMs is stronger than the initial state due to warming of the low-latitude Atlantic. These results highlight the impor-
tance of considering high-latitude freshwater changes when examining the past and future evolution of the AMOC evolu-
tion on long time scales.

SIGNIFICANCE STATEMENT: The long-term response of the ocean’s global overturning circulation to warming
remains poorly understood largely because it is expensive to run state-of-the-art climate models. This study makes use
of a unique collection of millennial-length climate simulations from different climate models to examine the response
of the Atlantic overturning circulation to warming on long time scales. We find that climate models consistently simu-
late a weakening of the Atlantic overturning circulation during the first century after warming, but disagree on long-
term changes, showing different recovery levels of the Atlantic overturning circulation. Using a simple expression,
which emulates the evolution of the Atlantic overturning circulation in climate models, we show that climate models
with little to no recovery tend to have a small North Atlantic salinity anomaly while climate models with a stronger
recovery tend to have a large North Atlantic salinity anomaly. These results highlight the importance of monitoring
high-latitude freshwater sources throughout the twenty-first century and considering the relative role of temperature
and salinity changes when examining the future and past evolution of the Atlantic overturning circulation on long time
scales.

KEYWORDS: Ocean; Atmosphere-ocean interaction; Meridional overturning circulation; Ocean circulation;
Thermocline circulation; Climate change; Climate models; General circulation models

1. Introduction

The ocean’s global overturning circulation plays a funda-
mental role in shaping Earth’s climate through the redistribu-
tion of heat and freshwater between low and high latitudes
and different ocean basins. The branch of the overturning
circulation that is localized to the Atlantic basin, referred to
as the Atlantic meridional overturning circulation (AMOC),
plays a unique role in that it transports heat northward across
all latitudes (Ganachaud and Wunsch 2003) and ventilates the
upper ∼2000 m of the ocean (Buckley and Marshall 2016).
The AMOC is frequently invoked as a major player in past

climatic changes (Broecker 1997, 1998, 2003; Ferrari et al.
2014) and is thought to play a large role in setting features of
today’s climate, such as shifting the peak of tropical rainfall to
the Northern Hemisphere (Frierson et al. 2013; Marshall et al.
2014; Buckley and Marshall 2016). Paleoclimate records,
based on both d13C and Cd/Ca ratios in benthic foraminifera,
suggest the AMOC was shallower and potentially weaker at
the Last Glacial Maximum (LGM; Curry and Oppo 2005;
Lynch-Stieglitz et al. 2007; Burke et al. 2015), although this is
still debated as these proxies may better reflect changes in the
distribution of nutrients (Gebbie 2014). Comprehensive gen-
eral circulation models (GCMs) also indicate that the AMOC
can exist in a range of configurations (Weber et al. 2007;
Cheng et al. 2013; Weijer et al. 2020), yet a mechanistic under-
standing of how the AMOC transitions between these statesCorresponding author: David B. Bonan, dbonan@caltech.edu
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is less clear. In particular, there is no mechanistic understand-
ing of what determines the time scales over which the AMOC
might weaken and subsequently recover, and the relative im-
portance of high- versus low-latitude processes in controlling
these responses.

In response to increased greenhouse gas concentrations,
GCMs consistently predict a weakening of the AMOC over
the twenty-first century (Gregory et al. 2005; Weaver et al.
2007; Cheng et al. 2013; Kostov et al. 2014; Liu et al. 2020;
Weijer et al. 2020). The weakening of the AMOC is thought
to arise from a combination of increased freshwater fluxes
and weakened surface heat loss in the North Atlantic (Dixon
et al. 1999; Schmittner et al. 2005; Gregory et al. 2005;
Stouffer et al. 2006; Weaver et al. 2007; Bakker et al. 2016;
Maroon et al. 2018), both of which reduce the formation of
North Atlantic Deep Water (NADW) through positive sur-
face buoyancy flux anomalies. Advection of heat and salinity
anomalies into the North Atlantic can also affect the AMOC
by altering conditions that support deep convection and the
depth to which NADW penetrates. For instance, studies have
also attributed a weakening of the AMOC in GCMs to Arctic
sea ice loss (Sévellec et al. 2017) and subsurface warming of
the North Atlantic (Haskins et al. 2020; Levang and Schmitt
2020), which both increase ocean stratification and inhibit
deep convection.

Beyond the twenty-first century, the response of the
AMOC to rising greenhouse gas concentrations is less clear.
From a logistical standpoint, the computational expense of
running a GCM to equilibrium has limited the number of
studies that consider millennial or longer time scales. Addi-
tionally, the few GCMs that have generated millennial-length
climate simulations have produced divergent AMOC re-
sponses, including both recovered and collapsed states. For
example, Manabe and Stouffer (1994) and Stouffer and
Manabe (2003) found that in response to an abrupt increase
in atmospheric carbon dioxide, the AMOC weakens initially
and then recovers to its initial strength after approximately a
thousand years. A similar long-term AMOC recovery, follow-
ing an abrupt decrease in atmospheric carbon dioxide, was
also identified in Stouffer and Manabe (2003). Other studies,
which have focused only on changes to freshwater forcing,
have also found similar recoveries of the AMOC on millen-
nial time scales (Jackson 2013; Haskins et al. 2019). Yet, in
some studies, the AMOC has remained in a weakened state
for prolonged time periods (Stocker and Schmittner 1997; Liu
et al. 2017; He et al. 2019) and taken much longer to fully re-
cover (Stocker and Schmittner 1997; Wiebe and Weaver 1999;
Rind et al. 2018; Thomas and Fedorov 2019). These studies do
not provide a mechanistic explanation for the slower AMOC
recovery or prolonged weakening states. There remains a
pressing need to identify the mechanisms that lead to these di-
vergent AMOC responses in GCMs on millennial time scales.

The complexities of coupled GCMs, however, make it chal-
lenging to identify individual mechanisms underpinning changes
to the ocean’s overturning circulation, which can arise from
modification to the ocean’s surface freshwater, heat, and
momentum fluxes. Building on previous studies (e.g., Thorpe
et al. 2001; de Boer et al. 2010; Butler et al. 2016; Haskins et al.

2019, 2020; Ragen et al. 2022), here we use the dynamic link
between overturning strength and zonal/meridional density
gradients in the Atlantic basin to attribute circulation anoma-
lies to thermal and haline anomalies. This approach assumes
that the response of the AMOC to forcing is sufficiently slow
that it remains in geostrophic balance and the spatial structure
of the overturning is related to the density distribution in the
Atlantic basin through a thermal wind relationship. An ad-
vantage of this approach is that changes in the AMOC can be
attributed to specific processes that modify the density field in
various regions. For instance, in the hosing experiments by
Haskins et al. (2019), the initial AMOC weakening is attrib-
uted to changes in the density localized to the high-latitude
North Atlantic, while the recovery is attributed to density
changes occurring in the low latitudes of the Atlantic basin.
However, assessing changes to the AMOC from meridional
density gradients alone has limitations (e.g., de Boer et al.
2010), and can be subject to misinterpretation when not ac-
counting for changes to the AMOC depth that may be associ-
ated with changes in wind stress (Muglia and Schmittner
2015) or deep-ocean water masses (Sun et al. 2020a).

Connecting the ocean’s density structure to overturning
strength has been a key component of many idealized theo-
retical studies that have considered the response of the
AMOC to various external forcing (Nikurashin and Vallis
2012; Jansen et al. 2018; Jansen and Nadeau 2019; Nadeau
and Jansen 2020). Specifically, Jansen et al. (2018) and Jansen
and Nadeau (2019) showed that the thermal wind relationship
in an Atlantic-like basin is able to emulate the response of the
ocean’s overturning in an ocean-only simulation and is useful
when mechanistically interpreting simulated overturning
changes to atmospheric warming. Yet, these idealized models
often neglect more sophisticated processes of the climate
system that may substantially influence the AMOC. For in-
stance, most conceptual models make assumptions about
ocean–atmosphere coupling by either prescribing the iso-
pycnal overturning circulation in the North Atlantic or
neglecting interactions between the surface buoyancy forc-
ing and overturning in the North Atlantic (Nikurashin and
Vallis 2012; Jansen et al. 2018; Jansen and Nadeau 2019;
Thomas and Fedorov 2019). Both of these approaches raise
questions about the role of ocean–atmosphere interactions
and the role of local North Atlantic versus remote lower-
latitude changes in the response of the AMOC to external
forcing. While these idealized models have improved our
fundamental understanding of the AMOC dynamics, the
long-term behavior of the AMOC in more complex coupled
GCMs remains unclear. In particular, there is no widely
agreed upon explanation for why GCMs produce both re-
covered and prolonged weakened AMOC states, despite
being given the same greenhouse gas forcing.

In this study, we introduce a framework to examine pro-
cesses influencing the transient and equilibrium responses of
the AMOC to warming in coupled GCMs. To do this, we use
a collection of millennial-length climate simulations in which
the atmospheric carbon dioxide was abruptly quadrupled
above preindustrial levels and held constant for the remainder
of the simulation (43 CO2), compiled as part of LongRunMIP
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(Rugenstein et al. 2019). A key asset of LongRunMIP is that it
contains a diverse set of GCMs that exhibit strikingly different
behaviors in response to 43 CO2, specifically in ocean proper-
ties (Frölicher et al. 2020; Rugenstein et al. 2019, 2020). Thus,
this suite of GCM simulations provides a unique opportunity
to identify processes governing the long-term evolution of the
AMOC without the temporal limitations normally imposed by
computational constraints. In what follows, we first show that
the time evolution of the AMOC in GCMs can be well approx-
imated by a thermal wind expression that relates the overturn-
ing circulation in the North Atlantic to the density difference
between the region of deep-water formation and the Atlantic
basin. Using this expression, we isolate thermal and haline con-
tributions to changes in the time-dependent stratification in dif-
ferent regions of the Atlantic basin, and thus the circulation
responses. From this approach, key controls on the level and
time scale of AMOC recoveries are summarized and discussed.

2. Materials and methods

a. Model output and diagnostics

LongRunMIP is a model intercomparison project that aims
to better understand centennial and millennial time scale at-
mosphere–ocean processes in coupled GCMs (Rugenstein
et al. 2019). In this study, we limit our analysis to 4 3 CO2

simulations from seven different GCMs that span 1000 years
or longer. A summary of the GCMs, including the length of
each simulation, the resolution of the atmosphere and ocean
components, and the relevant reference for further details are
provided in Table 1. The GCM with the longest simulation is
CESM1, which is run for 5900 years, and the GCMs with the
shortest simulations are IPSL-CM5A-LR and MPI-ESM1.2,
which are both run for 1000 years.

We focus on the evolution of the meridional overturning
streamfunction in the Atlantic basin, which is provided in the
LongRunMIP repository (given by the name “moc”). The
overturning is archived as the meridional overturning circula-
tion streamfunction, which is calculated as

c(t, y, z) 5 2

�z

2H

�xe

xw
y(t, x, y, z)dxdz, (1)

where t is time, x is longitudinal displacement, y is latitudinal
displacement, z is depth with H being the depth of the ocean
bottom, y is the total meridional velocity (including the eddy-

bolus contribution due to parameterized mesoscale eddies),
and xw and xe are the western and eastern boundaries of the
Atlantic basin. In the analyses below, the AMOC strength is
defined as the maximum value of the meridional streamfunc-
tion in the North Atlantic, between 408 and 608N.

To provide a more mechanistic interpretation of the
AMOC responses in each GCM, we relate the overturning
circulation in the North Atlantic to the density difference be-
tween the region of deep-water formation rn and the Atlantic
basin rb. Density gradients have been widely used to under-
stand controls on overturning strength in a number of theoreti-
cal studies (e.g., Stommel 1961; Welander 1971; Gnanadesikan
1999; Wolfe and Cessi 2010; Nikurashin and Vallis 2012; Jansen
et al. 2018; Jansen and Nadeau 2019), and they also have been
used to interpret the behavior of coupled GCMs (see referen-
ces in section 1). We use potential density r referenced to the
surface, calculated from the model-archived potential tempera-
ture (“thetao”), and practical salinity (“so”). Note that we con-
vert the respective fields to conservative temperature and
absolute salinity. To attribute variations in the density field to
thermal and haline changes, we use a linear equation of state
with time- and depth-varying coefficients of thermal expansion
a and haline contraction b, which can be expressed as

r(t, z) ≈ r0 12 a(t, z) T(t, z) 2 T0
[ ]︸�����������︷︷�����������︸
thermal

1 b(t, z) S(t, z) 2 S0
[ ]︸���������︷︷���������︸
haline

{ }
,

(2)

where r0 is a reference potential density, T0 is a reference
temperature, and S0 is a reference salinity. The coefficients
a and b are computed individually for each GCM and at each
time step as a function of depth throughout the entire Atlantic
basin (308S–608N) using TEOS-10 (McDougall and Barker
2011). The reference values, r0, T0, and S0, are area-weighted
and depth-averaged values for the Atlantic basin, calculated
separately for each GCM, during years 1–10. The potential
density of the North Atlantic rn is computed using conserva-
tive temperature and absolute salinity averaged in zonal and
meridional directions at each depth between 408 and 608N.
The potential density of the Atlantic basin rb is computed us-
ing conservative temperature and absolute salinity averaged
in zonal and meridional directions at each depth in the Atlan-
tic basin between 308S and 608N. The sensitivity of the results
to these exact domains is discussed in section 3b. A linear

TABLE 1. Overview of each simulation. The resolution of the atmosphere and ocean is given in number of grid points as a function
of latitude 3 longitude 3 depth. The last column contains references that describe the GCMs and simulations in more detail. Note
that some simulations are the extensions of simulations discussed in the references.

Model name Length (yr) Atmosphere resolution Ocean resolution Reference

CESM1 5900 96 3 144 384 3 320 3 60 Rugenstein et al. (2016a)
CNRM-CM6.1 1850 128 3 256 180 3 360 3 75 Saint-Martin et al. (2019)
GISS-E2-R 5000 90 3 144 180 3 288 3 32 Schmidt et al. (2014)
HadGEM2-ES 1295 145 3 192 216 3 360 3 40 Andrews et al. (2015)
IPSL-CM5A-LR 1000 96 3 96 149 3 182 3 31 Dufresne et al. (2013)
MPI-ESM1.1 4458 96 3 192 220 3 256 3 40 Mauritsen et al. (2019)
MPI-ESM1.2 1000 96 3 192 220 3 256 3 40 Mauritsen et al. (2019)
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equation of state is chosen for its ease in partitioning density
changes into thermal and haline contributions. Below we
show that density changes based on the linear equation of
state recover the diagnosed overturning changes from each
GCM. As discussed later, overturning circulation changes are
mainly attributed to density changes in the upper 2000 m. Us-
ing potential density referenced to 1000 m, rather than the
surface, does not qualitatively impact the results of this study.

We use the net surface heat flux (including those from ice
formation and melting processes), freshwater flux (including
precipitation, evaporation, runoff, melt from sea ice, frazil ice
processes, salt flux from ocean-ice processes), sea surface sa-
linity (“sos”), and sea surface temperature (“tos”) to calculate
surface-forced water mass transformation (Walin 1982) for
those GCMs that provided the necessary output (only
CESM1 and CNRM-CM6.1). Finally, we use sea ice concen-
tration (“sic”) to compute Arctic sea ice area, which is the
sum of the percentage of sea ice in each grid cell multiplied by
the grid cell area. In the analyses below, all variables are an-
nual means computed from monthly output and smoothed
with a Savitzky–Golay filter with a window size of 11 years. All
anomalies are calculated relative to an average of years 1–10
because some GCMs do not provide output from the control
run, from which the 43 CO2 simulations are initialized.

b. Interpretation of the simulated Atlantic overturning
circulation

Following Nikurashin and Vallis (2012) and Jansen et al.
(2018), we relate the meridional overturning circulation c in
the northern part of the Atlantic basin to the density differ-
ence between the deep-water formation region and the whole
Atlantic basin as

2c

z2
52

g
r0f

(rn 2 rb), (3)

where g is the gravitational acceleration (9.81 m s22), r0 is a
reference density (1025 kg m23), f is the Coriolis parameter
around 608N (f 5 1.2 3 1024 s21), and c is the meridional
overturning transport streamfunction (m3 s21). Throughout
this study, Eq. (3), which we will subsequently refer to as the
TWR (thermal wind relationship), is solved with the bound-
ary conditions, c 5 0 at the surface and bottom of the ocean.

The TWR, as expressed in Eq. (3), relates zonal transport
to a meridional density difference. A key assumption of this
study is that in geostrophic balance, the meridional overturn-
ing transport and the zonal overturning transport are equiva-
lent through continuity. In other words, a vertically sheared
zonal flow at midlatitudes is connected to the depth–latitude
overturning in the North Atlantic, a relationship that was pro-
posed by Nikurashin and Vallis (2012). To our knowledge,
this expression has not been tested in realistic GCM simulati-
ons and it is not obvious whether this expression will emulate
the GCMs discussed in this study. As discussed in section 3,
the TWR approximately captures the mean overturning strength
as well as its temporal evolution. Differences between the
streamfunction diagnosed from GCMs and the streamfunction
diagnosed from TWR may result from the choice of the

averaging region to obtain rn, which is discussed in more detail
in section 3b.

3. Response of the Atlantic overturning circulation to
abrupt forcing

In response to 43 CO2, the LongRunMIP GCMs show a rel-
atively uniform response on centennial and shorter time scales,
encompassing the weakening of the AMOC, but exhibit more
diverse responses on long time scales during which the AMOC
recovers at various rates. In the following subsections, we sum-
marize key features of the long-term AMOC evolution, and
then demonstrate that the TWR presented in Eq. (3) provides a
suitable framework for understanding these AMOC changes.

a. Model response

The response of the AMOC to 4 3 CO2 in each GCM is
first examined using the maximum value of the meridional
streamfunction in the North Atlantic, defined between
408 and 608N. All of the GCMs exhibit a weakening of the
AMOC over centennial time scales (Fig. 1). GCMs with a
stronger initial AMOC strength typically exhibit a larger
AMOC weakening (Weijer et al. 2020), defined as a change in
volume transport, with changes spanning 12 and 20 Sv (1 Sv ≡
1 3 106 m3 s21; Fig. 1c). GCMs with a weaker initial AMOC
strength still experience substantial changes, but only weaken
between 5 and 7 Sv (Fig. 1e). After the initial weakening of
the AMOC, nearly all the GCMs (except for CNRM-CM6.1)
exhibit a sustained strengthening of the AMOC, although the
rate of this strengthening varies across the GCMs (Fig. 1h). In
these GCMs, at least a partial recovery of the AMOC occurs,
and in some cases the AMOC strength surpasses its initial
magnitude, although this occurs over different time scales
(Fig. 1h). In CESM1, for instance, the AMOC reaches 75% of its
original strength around 300 years after the abrupt forcing, while
in HadGEM2-ES the AMOC only recovers to 25% of its initial
strength after approximately 1300 years (Fig. 1h). In CNRM-
CM6.1, the AMOC weakens to approximately 2 Sv and remains
weakened until around 1000 years, where it begins a slow, grad-
ual recovery (Fig. 1b). Notably, approximately 3000 years after
the abrupt forcing, the AMOC strength in CESM1, GISS-E2-R,
and MPI-ESM1.1 is slightly stronger than their initial states by
approximately 1–3 Sv (Fig. 1h). At the end of each simulation,
some GCMs have reached a new steady state, whereas others
are still evolving. However, the AMOC in all GCMs has either
recovered or exhibits a gradual recovery.

In addition to changes in the AMOC strength, the vertical
structure of the AMOC also evolves in response to 4 3 CO2.
We examine the vertical structure of the AMOC in the North
Atlantic as a function of time by calculating the maximum
value of the meridional streamfunction at each depth between
408 and 608N. All GCMs exhibit a shoaling of the AMOC
depth, defined as the lower boundary of the overturning cell
where c 5 0 (see black line in Fig. 2), during the period
of AMOC weakening on centennial time scales (Fig. 2). In
contrast, the depth of the maximum value of the AMOC is
relatively unchanged in response to increased greenhouse gas
concentrations. However, the magnitude of shoaling in the
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AMOC depth varies substantially across the GCMs (black
line in Fig. 2). In CNRM-CM6.1 the AMOC shoals by approx-
imately 2000 m (Fig. 2b), whereas in MPI-ESM1.1 the
AMOC shoals by approximately 500 m (Fig. 2f). In all GCMs
except CNRM-CM6.1, the AMOC recovers in strength and
deepens over the next millennia. In CESM1, GISS-E2-R,
MPI-ESM1.1, and MPI-ESM1.2, the AMOC is eventually stron-
ger than its initial state between 500 and 1000 m, but remains
weakened below 1000 m (Fig. 2). After approximately 3000 years,

the AMOC deepens back to its initial depth in GISS-E2-R,
MPI-ESM1.1, andMPI-ESM1.2, but not in CESM1, HadGEM2-ES,
or IPSL-CM5A-LR. In CNRM-CM6.1, the AMOC stays
weakened and remains shoaled by approximately 2000 m,
even 1000 years after the 4 3 CO2 (Fig. 2b).

b. Validation of the thermal wind relationship

To better understand how the AMOC responses described
in the previous section arise, we first examine the ability of

FIG. 1. Maximum value of the meridional streamfunction [Eq. (1)] between 408 and 608N in the Atlantic basin from
4 3 CO2 simulations in (a) CESM1, (b) CNRM-CM6.1, (c) GISS-E2-R, (d) HadGEM2-ES, (e) IPSL-CM5A-LR,
(f) MPI-ESM1.1, and (g) MPI-ESM1.2. (h) AMOC strength normalized by the initial strength (years 1–10) for each
GCM. A Savitzky–Golay filter with a window size of 11 years was applied to each time series. In (a)–(g) the gray line
denotes the initial strength (years 1–10).
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the TWR in Eq. (3) to emulate the AMOC responses in each
GCM across a range of time scales. We compute spatially av-
eraged potential density profiles in the North Atlantic and the
entire Atlantic basin for each GCM (see section 2), and then
apply the TWR in Eq. (3) to recreate the time-dependent
overturning circulation in the North Atlantic. The results pre-
sented below are insensitive to the exact averaging choice of At-
lantic basin domain, so long as estimates of rb include the
Atlantic basin northward of 308S and estimates of rn incorpo-
rates deep water formation regions, which also correspond to
the location where the middepth isopycnals outcrop (Figs. 3a,b).

The meridional density difference, rn 2 rb, is largest near
the surface and decreases to approximately zero around
1500–2000 m in most GCMs (Fig. 3c). The vertical structure
and magnitude of the streamfunction computed from the
TWR largely reproduces the streamfunction diagnosed from
CESM1 (Fig. 3d). Note that the streamfunction below ap-
proximately 2000 m is overestimated by the TWR for CESM1
and most GCMs (not shown). More importantly, the maxi-
mum value of the overturning derived from the TWR approx-
imates the time evolution of the AMOC for all GCMs. We
provide one example of this agreement for CESM1 (Fig. 4a);

the other GCMs are similar. The TWR captures the initial
weakening, partial recovery, and gradual restrengthening of
the AMOC, although the TWR tends to underestimate the
weakening of the AMOC in most GCMs.

To more quantitatively assess the skill of the TWR in re-
producing the temporal evolution of the AMOC in each
GCM, we compute a linear trend in the maximum value of
the streamfunction across four different 150-yr time periods
(years 0–150, years 200–350, years 450–600, and years
750–900) that span common years of each simulation. During
the initial weakening (years 0–150), the TWR captures the
simulated robust negative AMOC trends, but underestimates
the magnitude, which spans 27 to 21 Sv century21 (Fig. 4a).
This underestimation may come about because of the nontri-
vial relationship between surface-forced water mass transfor-
mation, interior stratification, and zonal and meridional
overturning on centennial time scales (see section 5a). Never-
theless, the TWR accounts for approximately 50% of the inter-
model variance. Importantly, the TWR captures much the
general AMOC trends of each GCM. A comparison of the linear
AMOC trend diagnosed from each GCM and the TWR across
three time periods after the initial weakening (years 200–350,

FIG. 2. Hovmöller plot of the maximum value of the meridional streamfunction [Eq. (1)] between 408 and 608N in
the Atlantic basin as a function of depth from 43 CO2 simulations in (a) CESM1, (b) CNRM-CM6.1, (c) GISS-E2-R,
(d) HadGEM2-ES, (e) IPSL-CM5A-LR, (f) MPI-ESM1.1, and (g) MPI-ESM1.2. A Savitzky–Golay filter with a
window size of 11 years was applied to each time series. The black line denotes where c 5 0.
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years 450–600, and years 750–900) shows that the TWR emu-
lates the AMOC evolution during other time periods
(Figs 4b–d). For each period, the TWR accounts for
50%–90% of the intermodel variance and also captures the
broad tendency of a slow AMOC recovery in each GCM. The
TWR also captures the shoaling of the AMOC during its
weakening phase and the gradual deepening of the AMOC
(not shown). The most significant deviation between over-
turning rates derived from Eq. (1) and the TWR occurs during
the initial weakening phase of the AMOC. In the following,
we use the TWR to examine drivers of the AMOC re-
sponses in each GCM, which can be attributed to density
changes in the high-latitude North Atlantic (rn) or through-
out the Atlantic basin (rb).

4. Thermal and haline controls on changes to the
Atlantic overturning circulation

We next focus on changes to rn, rb, and rn 2 rb since the
Atlantic density distribution is coupled to the strength and

structure of the AMOC. In the analyses below, the symbol D
indicates a change with respect to the initial state. Density
changes are partitioned into thermal and haline contributions
for three time periods that highlight different states of the
AMOC evolution: the initial weakening phase, the partial re-
covery phase, and the restrengthening phase. The initial
weakening phase is identified as a 30-yr average centered on
the first local minimum of the AMOC magnitude for each
model (see Fig. 1). The initial weakening phase spans
slightly different years in the various GCMs, but it generally
occurs within 50 years of the abrupt forcing (see Table 2).
The partial recovery phase is chosen to be years 470–500,
a period when the AMOC is increasing in most GCMs.
Finally, the restrengthening phase is chosen to cover years
970–1000, a period of common years across all GCMs that
occurs long after the abrupt forcing. Because some GCMs
provide longer simulations than others, we also consider
the new equilibrium state after multiple millennia (years
3500–3530) in the CESM1, GISS-E2-R, and MPI-ESM1.1
simulations.

FIG. 3. Schematic showing how the thermal wind expression, Eq. (3), is applied to the LongRunMIP simulations.
(a) Meridional section of isopycnals averaged zonally across the Atlantic basin during years 1–10 for CESM1. The red
box denotes the averaging region for rn, which is the same for all GCMs. (b) Schematic of the isopycnals in the Atlan-
tic basin, which remain relatively flat throughout most of the basin and outcrop in the North Atlantic. (c) Density dif-
ference (rn 2 rb) between the density profile in the North Atlantic (408–608N) rn and in the Atlantic basin
(308S–608N) rb in CESM1 during years 1–10. (d) The meridional streamfunction reported by CESM1 (black) and esti-
mated from the meridional density difference in (c) with the thermal wind relationship, Eq. (3) (purple).
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a. The initial weakening phase

During the initial weakening phase of theAMOC,D(rn2 rb), 0
for all of the GCMs, indicating a weakening of the meridional
density difference (Fig. 5a). The density difference decreases

by 0.01–0.06 kg m23 between 250 and 2000 m (Fig. 5a). The
decrease in the basinwide density contrast for each GCM is al-
most entirely thermally driven (cf. red bar and blue bar), with
the haline contribution actually increasing the basinwide den-
sity gradient in most GCMs (Fig. 5a). The weakening of rn 2

rb across all GCMs results in a universal weakening and shoal-
ing of the AMOC of approximately 1–6 Sv. GCMs with larger
negative values of D(rn 2 rb) also show a greater weakening
of the AMOC streamfunction (Fig. 5a).

Both Drn and Drb are negative during the initial weakening
phase, indicating large-scale lightening of density throughout
the Atlantic basin (Figs. 5b,c). In both regions this change is
dominated by warming (the thermal contribution) with mag-
nitudes that are roughly twice the size of D(rn 2 rb). How-
ever, changes to rn exceed the changes to rb due to warming
during this initial weakening phase (i.e., |Drn| . |Drb|), which
gives rise to the reduced meridional density difference. Salinity
changes are weaker than and mostly oppose the thermal changes.
GCMs with larger AMOC reductions (CNRM-CM6.1) tend to
warm more in the North Atlantic, while GCMs with smaller
AMOC reductions (IPSL-CM5A-LR and MPI-ESM1.1) tend to
warm less in the North Atlantic.

b. The partial recovery phase

After the initial weakening, GCMs exhibit a much broader
range of intermodel variability. About 500 years after the
abrupt forcing, the AMOC in CESM1 recovers to approxi-
mately 90% of its initial strength, whereas the AMOC in
CNRM-CM6.1 remains weakened to 15% of its initial
strength (Fig. 1h).

During years 470–500, a majority of the GCMs still show
that D(rn 2 rb) , 0, but the values are less negative when
compared to the initial weakening phase, indicating a slight
increase in the meridional density difference relative to the
weakened state (Fig. 6a). In MPI-ESM1.1 and MPI-ESM1.2,
D(rn 2 rb) , 0, indicating a stronger meridional density dif-
ference and a stronger AMOC when compared to the initial
state (Fig. 6a). In most GCMs, the AMOC partially recovers
by 1–3 Sv. In CNRM-CM6.1, however, rn 2 rb further de-
creases and the anomaly becomes more negative when com-
pared to the initial weakening phase. Note that the thermal
contribution to D(rn 2 rb) now acts to increase the meridional
density difference, which is the opposite of the weakening
phase.

FIG. 4. Comparison of the AMOC changes calculated from GCMs
and the thermal wind relationship in Eq. (3). (a) Maximum value of the
meridional streamfunction between 408 and 608N from Eq. (1) (teal)
and Eq. (3) (purple) for CESM1. Linear trend of the maximum value
of the meridional streamfunction between 408 and 608N in the Atlan-
tic basin from (b) 0–150, (c) 200–350, (d) 450–600, (e) 750–900 years
for GCMs (black) and Eq. (3) (purple). The black dashed lines de-
note the average time periods examined in section 4. The gray shaded
regions in (a) denote the periods for the linear trends. For (b)–(e) r is
the Pearson correlation coefficient between the black and purple bars.

TABLE 2. Time scale of the initial AMOC weakening in each
GCM. The time scale is estimated as the first local minimum of
the time series in Fig. 1.

Model name Time scale (yr)

CESM1 48
CNRM-CM6.1 45
GISS-E2-R 29
HadGEM2-ES 40
IPSL-CM5A-LR 24
MPI-ESM1.1 21
MPI-ESM1.2 22
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During the partial recovery phase, density throughout the
Atlantic basin continues to get lighter, as compared to the
weakened state. The terms Drn and Drb are more negative
than in the weakening phase, but the haline contribution to
the density changes is now of comparable size and acts to
modulate the response across the different GCMs (Fig. 6).
The partial AMOC recovery is associated with a simultaneous
warming of the Atlantic basin relative to the high latitudes
(cf. red dashed and red dotted lines) and a positive salinity
anomaly in the North Atlantic (Figs. 6b,c). During the
AMOC weakening, a positive salinity anomaly develops in
the subtropical Atlantic basin and can be attributed mainly to
the drying of the subtropics, or the “rich-get-richer” mecha-
nism (Durack et al. 2012). After the AMOC weakening, the
salinity anomaly moves poleward (not shown) into the North
Atlantic between 250 and 1000 m. This northward salinity

transport causes rn to become denser, while the warming at
lower latitudes cause rb to become lighter. Together, these
processes increase the magnitude of rn 2 rb and cause
D(rn 2 rb) to become less negative relative to the weakened
state (Figs. 6b,c). In CNRM-CM6.1, which undergoes the
slowest AMOC recovery, warming occurs throughout the
Atlantic basin. However, instead of a positive salinity anom-
aly in the high latitudes, the haline contribution indicates a
freshening, or Drn , 0 (blue bar, Fig. 6b). The high-latitude
freshening further decreases the meridional density differ-
ence and suppresses the AMOC recovery in this GCM.

The primary difference between CNRM-CM6.1, which
undergoes the slowest AMOC recovery, and the other GCMs
is the high-latitude freshwater anomaly. During the first 100
to 150 years there is a freshening of the high-latitude Atlantic
basin in CNRM-CM6.1 (Fig. 7), which could be due to

FIG. 5. (a) Bar plot showing the average density change between 250 and 2000 m for (rn 2 rb)
(black) and the maximal change in the meridional overturning circulation streamfunction using
Eq. (3) (purple) for each GCM during the initial weakening phase (see Table 1) relative to years
1–10. The red and blue bars represent the thermal and haline contributions to D(rn 2 rb).
(b) Bar plot showing the thermal and haline contributions to Drn during the initial weakening
phase relative to years 1–10. (c) Bar plot showing the thermal and haline contributions to Drb
during the initial weakening phase relative to years 1–10.
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reduced salinity transport by the AMOC weakening, in-
creased sea ice melt, or an intensified hydrological cycle.
There is also a convergence of salinity in the subtropical
Atlantic basin (308S–308N) that is nearly universal across
GCMs, although it is weaker in CNRM-CM6.1 (Fig. 7). After
100 to 150 years the subtropical salinity anomaly is transported
northward from the subtropical gyre region to the subpolar
gyre region and mixes with the fresh high-latitude waters. This
salinity anomaly increases the density of the high-latitude sub-
surface waters and helps to erode the high-latitude vertical
stratification, which enables a reinvigoration of convection. In
CNRM-CM6.1, which shows little to no AMOC recovery, the
local freshening signal overwhelms the salinity anomaly com-
ing from the subtropics (Fig. 7b). Similarly, HadGEM2-ES,
which also shows a slower AMOC recovery when compared
to other GCMs, experiences larger high-latitude freshening
when compared to other GCMs (Fig. 7d).

The two GCMs with the weakest AMOC recovery experi-
ence greater Arctic sea ice loss when compared to other
GCMs (Fig. 7). In fact, the intermodel spread of trends in
AMOC strength between years 470 and 970 is strongly corre-
lated with the percent of remaining Arctic sea ice area during
this period (Fig. 8). GCMs with less Arctic sea ice loss tend to
show stronger AMOC recoveries, whereas GCMs with more
Arctic sea ice loss tend to show weaker AMOC recoveries
(Fig. 8). At the end of the simulation in CNRM-CM6.1, the
AMOC has a slight positive trend and the freshening signal
begins to erode (Fig. 7b), suggesting that during a longer sim-
ulation a recovery may ultimately occur after a sufficiently
large buildup of salinity at the low latitudes. Another possible
explanation for the large freshening of the subpolar gyre re-
gion is the AMOC weakening itself, which can reduce salinity
transport to the North Atlantic. However, there is no
significant relationship between the magnitude of AMOC

FIG. 6. (a) Bar plot showing the average density change between 250 and 2000 m for (rn 2 rb)
(black) and the maximal change in the meridional overturning circulation streamfunction using
Eq. (3) (purple) for each GCM during the partial recovery phase (years 470–500) relative to
years 1–10. The red and blue bars represent the thermal and haline contributions to D(rn 2 rb).
(b) Bar plot showing the thermal and haline contributions to Drn during the partial recovery
phase relative to years 1–10. (c) Bar plot showing the thermal and haline contributions to Drb
during the partial recovery phase relative to years 1–10.
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weakening and freshening of the subpolar gyre region across the
various GCMs, indicating that other sources of freshening are at
play. Note that CNRM-CM6.1 warms more than other GCMs,
suggesting that changes to precipitation minus evaporation
(P2 E) may be larger in the high latitudes in this GCM, following

the “wet-gets-wetter, dry-gets-drier” paradigm (Held and Soden
2006). This means that there would also be greater P 2 E input
into the ocean, and suggests that while sea ice loss alone is not re-
sponsible for all of the freshening, it could play a role in initiating
greater freshwater input into the high-latitude North Atlantic.

FIG. 7. Hovmöller plot of the anomalous zonally averaged salinity in the Atlantic basin, vertically averaged between 250 and 2000 m,
for (a) CESM1, (b) CNRM-CM6.1, (c) GISS-E2-R, (d) HadGEM2-ES, (e) IPSL-CM5A-LR, (f) MPI-ESM1.1, and (g) MPI-ESM1.2.
A Savitzky–Golay filter with a window size of 11 years was applied to all time series. All anomalies are calculated relative to an average of
years 1–10. The upper plot in each panel shows annual Arctic sea ice area for each GCM.
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c. The restrengthening phase and equilibrium response

During the restrengthening phase of theAMOC (years 970–1000),
D(rn 2 rb). 0 for more than half of the GCMs (Fig. 9a). That
is, the meridional density difference becomes stronger when
compared to the initial state. However, for CNRM-CM6.1 and
HadGEM2-ES, which both experience a prolonged AMOC
weakening and weak recovery, D(rn 2 rb) remains negative.
Note that D(rn 2 rb) also remains negative for GISS-E2-R,
but it is less negative when compared to the partial recovery
phase. In the GCMs that show positive values of D(rn 2 rb)
during the restrengthening phase, the implied overturning
from the TWR is approximately 2–6 Sv stronger than the
initial strength (Fig. 9a). For MPI-ESM1.1 and MPI-
ESM1.2, the overturning is also deeper than the initial
state (not shown).

A decomposition of the thermal and haline contributions
to Drn and Drb shows that the positive values of D(rn 2 rb)
are driven mainly by warming throughout the Atlantic ba-
sin (Figs. 9a–c). In contrast to the weakening phase, here
Drb becomes less dense due to more warming (Figs. 9b,c),
and |Drb| is now greater than |Drn|, strengthening the merid-
ional density difference. The increase in the basinwide den-
sity contrast supports an overturning that is stronger than
the initial state. For most GCMs salinity acts to reduce
the basinwide density contrast. GCMs with a slow AMOC
recovery (CNRM-CM6.1 and HadGEM2-ES) have larger
negative values of D(rn 2 rb), largely due to the haline
component.

For all of the GCMs that simulate multiple millennia,
D(rn 2 rb) . 0, meaning that rn 2 rb exceeds its initial state
and supports a stronger overturning than the initial state
(Fig. 10a). During the equilibrium phase, the increase in
rn 2 rb is primarily due to warming of the low-latitude
Atlantic basin, which contributes a 0.05–0.10 kg m23 in-
crease in the meridional density difference. The salinity
anomaly becomes weaker for Drb and Drn, but modulates the
magnitude of the basinwide density difference (Figs. 10b,c).
Previous studies have attributed this low-latitude warming in

the Atlantic basin to reduced upwelling in the tropical re-
gion (e.g., Stouffer and Manabe 2003). Another possible ex-
planation for the long time scale low-latitude warming is a
deepening of isopycnals that is related to the initial AMOC
weakening (Sun et al. 2020b, 2022). Additionally, changes in
the Southern Ocean surface buoyancy flux could impact
warming at middepth in the Atlantic basin (Jansen and
Nadeau 2016) and be related to Southern Ocean heat uptake
and subduction in Antarctic Intermediate Water density classes.

5. Discussion

a. Surface-forced water mass transformation

Across all of the GCMs, the interior density distribution
and its evolution in response to 4 3 CO2 provides a frame-
work for understanding transitions in the strength and
structure of the AMOC. Ultimately, however, changes in
meridional overturning must be closed by surface and inte-
rior rates of water mass transformation between density
classes. An alternative approach to understanding controls on
the strength of the AMOC acknowledges that the overturning
delivers waters to regions of water mass transformation
(Newsom and Thompson 2018) and its structure in density
space can be inferred from the surface-forced water mass
transformation (e.g., Walin 1982; Speer and Tziperman 1992;
Groeskamp et al. 2019).

Surface-forced water mass transformation quantifies the
circulation between density classes sustained by surface
buoyancy fluxes from heat and freshwater forcing compo-
nents. To illustrate the connection between surface and in-
terior circulation changes, we calculate the surface-forced
water mass transformation for two GCMs (CESM1 and
CNRM-CM6.1) that provide the output needed to diagnose
these processes. While this analysis cannot be performed on
all GCMs due to a most GCMs missing various surface
fluxes, CESM1 and CNRM-CM6.1 fortunately represent
the end members of the strong and weak AMOC recoveries.

FIG. 8. Bar plot showing the percentage of remaining Arctic sea ice relative to the initial state
(years 1–10) (black) and the corresponding AMOC trend for years 470–970 (purple) in each
GCM. The Pearson correlation coefficient between the two is shown in the upper-left-hand
corner.
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Following Walin (1982), the circulation across a given density
class can be quantified as

F(y,s) 5 

s

�
A[s′.s]

D(x, y, t)H[s′(x) 2 smin(y)]dA, (4)

where

D(x, y, t) 52
a(x, y, t)

cp
QH(x, y, t) 1 b(x, y, t)S(x, y, t)QF(x, y, t)

(5)

is the surface density flux, a and b are the thermal expansion
and haline contraction coefficients,QH andQF are the surface
heat and freshwater fluxes (kg m22 s21), respectively, S is the
surface absolute salinity, and cp is the specific heat capacity of

seawater (4186 J kg21 K21). Here, the surface heat and fresh-
water fluxes are defined to be positive into the ocean. The
term F has units of m3 s21 and represents the formation of wa-
ter masses as a function of density. In Eq. (4), smin(y) is the
minimum density at latitude y, and A is the surface outcrop
area for all densities greater that a given density s. Equation (4)
can be decomposed into contributions to the buoyancy flux
from heat and freshwater.

Applying Eq. (4) to CESM1 and CNRM-CM6.1 indicates
that the formation of NADW is largely heat-driven and that
changes to the formation rate of NADW are also largely
heat-driven (Fig. 11). During the initial state, CESM1 and
CNRM-CM6.1 both have two peaks of transformation rates
around s0 5 1024 and 1027 kg m23. Approximately 1000 years
after the 4 3 CO2 forcing, surface-forced water mass transf-
ormation occurs in lighter density classes for each GCM,

FIG. 9. (a) Bar plot showing the average density change between 250 and 2000 m for (rn 2 rb)
(black) and the maximal change in the meridional overturning circulation streamfunction using
Eq. (3) (purple) for each GCM during the restrengthening phase (years 970–1000) relative to
years 1–10. The red and blue bars represent the thermal and haline contributions to D(rn 2 rb).
(b) Bar plot showing the thermal and haline contributions to Drn during the restrengthening
phase relative to years 1–10. (c) Bar plot showing the thermal and haline contributions to Drb
during the restrengthening phase relative to years 1–10.
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primarily because the ocean warms. During the restrengthen-
ing phase (years 970–1000), when CESM1 shows a recovered
AMOC and CNRM-CM6.1 shows a weakened AMOC, the
peak transformation rate around 1027 kg m23 is notably
absent in CNRM-CM6.1. To understand causes of these
changes, we compute the surface-forced water mass trans-
formation using either the initial density field and the sur-
face flux field from years 970–1000 or the initial surface
flux field and the density field from years 970–1000. This
enables us to identify mechanisms of NADW changes. A
decomposition of these changes due to either changes in
the surface density field (dotted line) and the surface fluxes

(dash–dotted) shows that this decrease in the transformation rate
is largely the result of changes in the surface density field. In
CNRM-CM6.1, the sustained freshening limits the ability of con-
vection associated with heat loss to penetrate deep into the water
column. However, in CESM1 changes to the density field are
much smaller, enabling the heat loss to penetrate to greater depth.

The LongRunMIP repository lacks sufficient output to ap-
ply Eq. (4) to all GCMs. Still, the surface-forced water mass
transformation changes (Fig. 11) support the idea of large
freshwater anomalies in the surface ocean inhibiting deep
convection, which prevents an AMOC recovery. The freshwa-
ter anomalies stratify the surface density field and effectively
cut off the interior isopycnals from reaching the surface.
These transformation rates show that the competition be-
tween a high-latitude freshwater anomaly and low-latitude
salinity anomaly can determine the timing and magnitude of
an AMOC recovery. Further work, however, is required to
understand how the formation of surface waters interacts
with local and nonlocal processes to suppress deep-water
formation.

b. Mechanisms for a partial recovery of the Atlantic
overturning circulation

Our results indicate that the recovery of the AMOC is asso-
ciated with two simultaneous processes: 1) a warming of the
Atlantic basin relative to the North Atlantic and 2) a subtropi-
cal salinity anomaly that moves poleward. The former enhan-
ces the Atlantic meridional density difference, while the latter
erodes the near-surface stratification and reinvigorates deep
convection. Figure 12 shows a schematic of the processes that
contribute to the time evolution of the AMOC in response to
4 3 CO2 in coupled GCMs. During the initial weakening, all
GCMs show a warming of the North Atlantic water column,
although some GCMs warm more (and the AMOC weakens
more) than others. After the initial weakening, GCMs with a
strong AMOC recovery (e.g., CESM1) have positive salinity
anomaly in the North Atlantic, whereas GCMs with a weak
AMOC recovery (e.g., CNRM-CM6.1 and HadGEM2-ES)
have either a weak positive salinity anomaly or a negative
anomaly indicative of high-latitude freshening (Fig. 12).
All GCMs show greater warming of the Atlantic basin rela-
tive to the North Atlantic during the recovery phase, but the
degree of high-latitude freshening correlates strongly with the
level of the AMOC recovery. This highlights the role that
high-latitude freshwater changes play in generating differ-
ences in the magnitude and rate of AMOC recovery across
GCMs in response to the same external forcing.

Our results are both similar to and different from other
studies that have examined the transient and equilibrium re-
sponses of the AMOC to surface warming by considering the
relative role of thermal and haline contributions to circulation
changes. For instance, the recovery of the AMOC in ocean-
only models is attributed to a density reduction in the lower
thermocline of the high latitudes (Jansen et al. 2018; Jansen
and Nadeau 2019), but it is unclear whether this modification
results from temperature or salinity changes as these models
only simulate buoyancy. Other studies, which use coupled

FIG. 10. (a) Bar plot showing (black) the average density change
between 250 and 2000 m for (rn 2 rb) and (purple) the maximal
change in the meridional overturning circulation streamfunction
using Eq. (3) for each GCM during the equilibrium response (years
3500–3530) relative to years 1–10. The red and blue bars represent
the thermal and haline contributions to D(rn 2 rb). (b) Bar plot
showing the thermal and haline contributions to Drn during the
equilibrium response relative to years 1–10. (c) Bar plot showing
the thermal and haline contributions to Drb during the equilibrium
response relative to years 1–10.
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GCMs, have found that the AMOC recovery is associated
with salinity anomalies that reduce high-latitude stratification
and reinvigorate convection (Vellinga et al. 2002; Yin and
Stouffer 2007; Krebs and Timmermann 2007; Wu et al. 2011;
Sigmond et al. 2020; Zhu and Liu 2020; Ackermann et al.
2020). While we indeed find that salinity anomalies play an
important role in the AMOC recovery, the role of salinity is
more nuanced than previously suggested. Our results indicate
that the interplay of temperature changes, which warm the
Atlantic basin, and salinity anomalies, which densify the high-
latitude ocean, set the magnitude of the AMOC recovery.
This stands in contrast to Wu et al. (2011) and Sigmond et al.
(2020), who argue that salinity is the primary driver of
the AMOC recovery. In this study, we focus on the rate and

magnitude of the AMOC recovery, whereas other studies
have looked at the role of salinity in setting the stability of the
AMOC. Indeed, the poleward movement of salinity and mag-
nitude of high-latitude freshening might itself be related to
the AMOC stability indicator, which relates the AMOC re-
covery to net freshwater input into the Atlantic basin (Liu
et al. 2014, 2017; Li et al. 2021). The advection of salinity from
the low latitudes, which competes with the high-latitude fresh-
ening in the North Atlantic, might help explain the intermo-
del variability in AMOC recovery. Future work should
explore how the mechanistic explanation of this study, which
details the origins of these freshwater and salinity anomalies,
relates to the AMOC stability metric of these other studies
(e.g., Liu et al. 2014, 2017). Previous studies have shown that

FIG. 11. Surface-forced water mass transformation, Eq. (4), in the North Atlantic (north of 308N) in (a) CESM1
and (b) CNRM-CM6.1. CESM1 simulates a strong AMOC recovery whereas the AMOC in CNRM-CM6.1 essen-
tially has no recovery over the period simulated. Surface transformation is calculated as a function of potential density
referenced to the surface (s0). (top) The total transformation from all diabatic processes is provided in black, which
sums contributions from (middle) heat and (bottom) freshwater. The solid lines indicates the initial state (years 1–10)
and the dashed line indicates the years 970–1000. The light-colored lines denote the transformation rates for the years
970–1000 but with either the initial density field (dotted) or initial surface flux field (dash–dotted). For visualization,
approximate geographical boundaries are labeled. Here, positive transformation represents a volume flux toward
denser classes.
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the AMOC response can be sensitive to the Zhu et al. (2014,
2015) forcing or a different radiative forcing (Rugenstein et al.
2016b). For example, it has been shown that the AMOC does
not weaken as much with increasing carbon dioxide when
starting from Last Glacial Maximum climate conditions (Zhu
et al. 2015), and possibly exhibits a two-stage recovery (Zhu
et al. 2014). Understanding how robust the results of this pa-
per are for various climate states is important for understand-
ing past AMOC transitions.

The equilibrium response of the AMOC in ocean-only
models has been attributed to a diffusive adjustment of abys-
sal density, in response to a modification in bottom waters ex-
ported from the Southern Ocean (Jansen et al. 2018). Given
that the LongRunMIP simulations are at most 5900 years
long, and some have still not reached a new steady state, it is
difficult to attribute the equilibrium response to precise mec-
hanisms, such as localized basin dynamics, interbasin trans-
port, or Southern Ocean processes. While the restrengthening

phase of the AMOC is linked to low-latitude Atlantic warm-
ing based on the TWR, this does not necessarily imply that
the AMOC evolution results from processes occurring in the
Atlantic basin alone. Recently, Newsom and Thompson
(2018) and Holmes et al. (2019) have revisited the ocean’s
buoyancy and heat budget, respectively, and found that much
of the heat loss in the North Atlantic is balanced by heat
uptake in the low-latitude Indo-Pacific, rather than the low-
latitude Atlantic. This zonal imbalance is enabled by the
much larger areal extent of the low-latitude Indo-Pacific, and
the transfer of heat to the Atlantic through the upper ocean’s
interbasin overturning circulation (Gordon 1986; Newsom
et al. 2021). The dynamics of interbasin exchange, mediated
by both the Southern Ocean and low-latitude pathways such
as the Indonesian Throughflow and the Aghulas Retroflec-
tion, over millennial time scales remains largely unstudied.
Additionally, changes in Southern Ocean water mass transfor-
mation could modify the vertical stratification of the Atlantic

FIG. 12. Schematic depicting a GCM with a (a) strong AMOC recovery and (b) weak AMOC recovery or a prolonged weakening
AMOC phase. (middle) Temperature changes in the Atlantic basin and (bottom) salinity changes in the Atlantic basin. There are three
phases: a weakening phase, which is characterized by a warming of the high-latitude North Atlantic; a partial recovery phase or prolonged
weakening phase, which is characterized as a warming of the Atlantic basin and an increase or decrease in salinity of the high-latitude
North Atlantic; and a restrengthening phase, which is characterized by a warming of the low-latitude Atlantic basin. Warming of the low-
latitude Atlantic basin is similar across all GCMs. The major feature that distinguishes GCMs with faster and slower AMOC recoveries is
the salinity anomalies in the high-latitude North Atlantic. A subtropical salinity anomaly forms when the AMOC is weakened and then is
advected to the high latitudes by the subtropical gyre. GCMs with slower AMOC recoveries instead show a freshening of the high-latitude
North Atlantic, which is linked to large differences in sea ice melt across the GCMs. This suggests that the representation of sea ice and
other high-latitude freshwater sources in coupled GCMs is critical for representing the future evolution of the AMOC.
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basin and play a role in determining the AMOC (Jansen and
Nadeau 2016; Sun et al. 2018). It has been shown that long-
term equilibration of the deep ocean is sensitive to the prop-
erties of Antarctic Bottom Water (AABW), which evolves on
multi-millennial time scales. The representation of AABW
formation in the LongRunMIP is a potential source of uncer-
tainty that is not explored in this present study (Heuzé et al.
2015).

c. Utility and limitations of LongRunMIP

The LongRunMIP simulations provide the first model in-
tercomparison of the long-term evolution of the AMOC in re-
sponse to abrupt forcing. Even so, the longest simulation in
this study is 5900 years. Recent work has shown that the
AMOC continues to change, following warming, on time
scales out to 10 000–15 000 years (Rugenstein et al. 2016b;
Jansen et al. 2018; Jansen and Nadeau 2019). Thus, even the
LongRunMIP simulations are too short to capture all of the
processes that influence the AMOC evolution, especially
long-term mechanisms such as the diffusive adjustment of the
deep ocean (Jansen et al. 2018).

Because LongRunMIP is a MIP of opportunity, without an
agreed-upon protocol, model output is not uniformly re-
ported, making it hard to precisely attribute the intermodel
spread in the AMOC recovery to a specific process. For in-
stance, it would be helpful to have ocean velocity fields as the
relative role of changes in surface forcing versus changes in
salinity and temperature due to ocean circulation changes
could be quantified (e.g., Garuba and Rasch 2020). Similarly,
the lack of uniform output makes it difficult to partition fresh-
water changes into P 2 E, runoff, and ice fluxes. Indeed,
GCMs with a slower AMOC recovery tend to have greater
Arctic sea ice loss and high-latitude freshwater input, which
likely limits the ability of the subtropical salinity anomaly to
reduce high-latitude stratification and reinvigorate convec-
tion. However, additional work is required to assess the grad-
ual recovery of the AMOC and the role of Arctic sea ice loss,
or other freshwater sources such as changes to the hydrologic
cycle or ice sheet processes. CNRM-CM6.1, for instance,
which experiences a prolonged AMOC weakening, tends to
warms much more than other GCMs (Rugenstein et al.
2019), which corresponds to P 2 E being larger in the high
latitudes following the “wet gets wetter, dry gets drier” par-
adigm (Held and Soden 2006). Thus, the correlation be-
tween Arctic sea ice loss and AMOC strength (Fig. 8) may
arise from an indirect mechanism related to the amplifica-
tion of the existing pattern of P 2 E (Pithan and Jung
2021). Inclusion of temperature and salinity in toy models
similar to those of Jansen and Nadeau (2019) and Nadeau
and Jansen (2020), could be used to explore parameter
space that can impact long-term ocean circulation changes.
Such work may also permit a better theoretical understand-
ing of how salinity and temperature interact and influence
the response of the AMOC to external forcing.

Finally, an important caveat of this work is that the GCMs
do not resolve ocean mesoscale eddies or dynamics of narrow,
boundary currents in the North Atlantic. In response to warming

and freshwater perturbations, higher-resolution GCMs exhibit
markedly different changes to ocean circulation (Mecking
et al. 2016; Newsom et al. 2016; Gent 2018; Jackson et al.
2020; Hirschi et al. 2020) and often experience less weakening
of the AMOC when compared to low-resolution GCMs (e.g.,
Li et al. 2021; Jackson et al. 2020). Further investigation of the
transient and equilibrium responses of the AMOC to in-
creased greenhouse gas concentrations with high-resolution
eddy-resolving GCMs may modify the relative importance of
haline and thermal contributions to AMOC changes at differ-
ent time scales. For example, higher-resolution ocean models
have been shown to change the magnitude of the subtropical
gyre transport (e.g., Lévy et al. 2010), which could impact the
northward advection of salinity that erodes near-surface strat-
ification and reinvigorate deep convection.

6. Conclusions

This study examines the transient and equilibrium responses
of the AMOC to warming in an unprecedented collection of
millennial-length climate simulations from atmosphere–ocean
GCMs. We introduce a framework for understanding the vari-
ous AMOC responses in each GCM using a simple thermal
wind expression, which relates the overturning circulation in
the North Atlantic to the density difference between the re-
gion of deep-water formation and the Atlantic basin. We find
that this expression captures the initial weakening of the
AMOC on centennial time scales and various levels of AMOC
recoveries as simulated by GCMs in response to 4 3 CO2

forcing.
Using the thermal wind expression, we attribute the evolu-

tion of the AMOC on different time scales to changes in
temperature and salinity in distinct regions. The universal
weakening of the AMOC across GCMs is dominated by
warming of the northern convection region. The partial recov-
ery of the AMOC, which occurs in most GCMs, results from
both a simultaneous warming of the Atlantic basin and an in-
crease in salinity in the North Atlantic. The positive salinity
anomaly forms in the subtropical Atlantic first when the
AMOC is weakened, and is then advected northward, which
erodes the stratification of the North Atlantic and reinvigo-
rates deep convection. The timing and magnitude of the
AMOC recovery, at least in the LongRunMIP simulations,
is related to the amount of freshwater input in the North
Atlantic: GCMs with a slower AMOC recovery tend to show
increased Arctic sea ice loss compared to GCMs with a faster
AMOC recovery. This suggests it will be crucial to monitor
Arctic sea ice loss and other high-latitude freshwater sources
throughout and beyond the twenty-first century, as it may ulti-
mately determine whether the AMOC will recover. Finally,
the eventual strengthening of the AMOC, which takes multi-
ple millennia, is linked to low-latitude warming of the Atlantic
basin. For the simulations that span multiple millennia, the
AMOC becomes stronger than the initial state despite having
vastly different distributions of temperature and salinity. This
work provides a framework for assessing the relative impor-
tance of temperature and salinity dynamics in the evolution of
the AMOC. A similar approach may help identify whether the
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AMOC is likely to experience a fast or slow recovery beyond
the twenty-first century, or if the AMOC has experienced a
slow recovery during past climate changes.
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Heuzé, C., K. J. Heywood, D. P. Stevens, and J. K. Ridley, 2015:
Changes in global ocean bottom properties and volume trans-
ports in CMIP5 models under climate change scenarios. J.
Climate, 28, 2917–2944, https://doi.org/10.1175/JCLI-D-14-
00381.1.

Hirschi, J. J.-M., and Coauthors, 2020: The Atlantic meridional
overturning circulation in high-resolution models. J. Geo-
phys. Res. Oceans, 125, e2019JC015522, https://doi.org/10.
1029/2019JC015522.

Holmes, R. M., J. D. Zika, R. Ferrari, A. F. Thompson, E. R.
Newsom, and M. H. England, 2019: Atlantic Ocean heat
transport enabled by Indo-Pacific heat uptake and mixing.
Geophys. Res. Lett., 46, 13 939–13 949, https://doi.org/10.1029/
2019GL085160.

Jackson, L. C., 2013: Shutdown and recovery of the AMOC in a
coupled global climate model: The role of the advective feed-
back. Geophys. Res. Lett., 40, 1182–1188, https://doi.org/10.
1002/grl.50289.

}}, and Coauthors, 2020: Impact of ocean resolution and mean
state on the rate of AMOC weakening. Climate Dyn., 55,
1711–1732, https://doi.org/10.1007/s00382-020-05345-9.

Jansen, M. F., and L.-P. Nadeau, 2016: The effect of Southern
Ocean surface buoyancy loss on the deep-ocean circulation
and stratification. J. Phys. Oceanogr., 46, 3455–3470, https://
doi.org/10.1175/JPO-D-16-0084.1.

}}, and }}, 2019: A toy model for the response of the re-
sidual overturning circulation to surface warming. J. Phys.
Oceanogr., 49, 1249–1268, https://doi.org/10.1175/JPO-D-
18-0187.1.

}}, }}, and T. M. Merlis, 2018: Transient versus equilibrium
response of the ocean’s overturning circulation to warming. J.
Climate, 31, 5147–5163, https://doi.org/10.1175/JCLI-D-17-
0797.1.

Kostov, Y., K. C. Armour, and J. Marshall, 2014: Impact of the
Atlantic meridional overturning circulation on ocean heat
storage and transient climate change. Geophys. Res. Lett., 41,
2108–2116, https://doi.org/10.1002/2013GL058998.

Krebs, U., and A. Timmermann, 2007: Tropical air–sea interac-
tions accelerate the recovery of the Atlantic meridional over-
turning circulation after a major shutdown. J. Climate, 20,
4940–4956, https://doi.org/10.1175/JCLI4296.1.

Levang, S. J., and R. W. Schmitt, 2020: What causes the AMOC
to weaken in CMIP5? J. Climate, 33, 1535–1545, https://doi.
org/10.1175/JCLI-D-19-0547.1.
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